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A Model for the Hydrologic and Climatic Behavior of Water on Mars 
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Past studies of the climatic behavior of water on Mars have universally assumed that the atmosphere is the sole 
pathway available for volatile exchange between the planet's crustal and polar reservoirs of H20. However, if the 
planetary inventory of outgassed H20 exceeds the pore volume of the cryosphere by more than a few percent, then a 
subpermafrost groundwater system of global extent will necessarily result. The existence of such a system raises the 
possibility that subsurface transport may complement long-term atmospheric exchange. In this paper, the hydrologic 
response of a water-rich Mars to climate change and to the physical and thermal evolution of its crust is considered. 
The analysis assumes that the atmospheric leg of the planet's long-term hydrologic cycle is reasonably described by 
current models of insolation-driven exchange. Under the climatic conditions that have apparently prevailed 
throughout most of Martian geologic history, the thermal instability of ground ice at low- to mid-latitudes has led to 
a net atmospheric transport of H20 from the "hot" equatorial region to the colder poles. Theoretical arguments and 
various lines of morphologic evidence suggest that this poleward flux of H20 has been episodically augmented by 
additional releases of water resulting from impacts, catastrophic floods, and volcanism. Given an initially ice- 
saturated cryosphere, the deposition of material at the poles (or any other location on the planet's surface) will result 
in a situation where the local equilibrium depth to the melting isotherm has been exceeded, melting ice at the base of 
the cryosphere until thermodynamic equilibrium is once again established. The downward percolation of basal 
meltwater into the global aquifer will result in the rise of the local water table in the form of a groundwater mound. 
Given geologically reasonable values of large-scale crustal permeability (i.e., >• 10 -2 darcies), the gradient in 
hydraulic head created by the presence of the mound could then drive the equatorward flow of a significant volume 
of groundwater (>• 108 km 3) over the course of Martian geologic history. At temperate and equatorial latitudes, the 
presence of a geothermal gradient will then result in a net discharge of the system as water vapor is thermally 
pumped from the higher temperature (higher vapor pressure) depths to the colder (lower vapor pressure) near- 
surface crust. By this process, a gradient as small as 15 K km -1 could drive the vertical transport of 1 km of water 
to the freezing front at the base of the cryosphere every 106-10 7 years, or the equivalent of -102-103 km of water 
over the course of Martian geologic history. In this manner, much of the H20 that has been lost from the crust by 
the sublimation of equatorial ground ice, impacts, and catastrophic floods may ultimately be replenished. The 
validity of this analysis is supported by a detailed review of relevant spacecraft data, discussions of lunar and 
terrestrial analogs, and the use of well-established hydrologic models. Among the additional topics discussed are the 
thermal and hydrologic properties of the crust, the potential distribution of ground ice and groundwater, the thermal 
evolution of the early cryosphere, the recharge of the valley networks and outflow channels, the polar mass balance, 
and a review of several important processes that are likely to drive the large-scale vertical and horizontal transport 
of H20 beneath the Martian surface. Given a geologically reasonable description of the crust, and an outgassed 
inventory of water that exceeds the pore volume of the cryosphere by just a few percent, basic physics suggests that 
the hydrologic model described here will naturally evolve. If so, subsurface transport has likely played an important 
role in the geomorphic evolution of the Martian surface and the long-term cycling of H20 between the atmosphere, 
polar caps, and near-surface crust. 
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1. INTRODUCTION 

Virtually all past studies of the climatic behavior of water on 
Mars have focused on the potential for insolation-driven ex- 
change between the regolith, atmosphere, and polar caps [e.g., 
Leighton and Murray, 1966; Toon et al., 1980; Fanale et al., 
1982, 1986]. Implicit in this work has been the assumption that 
the atmosphere is the sole pathway available for volatile ex- 
change. However, if the planetary inventory of outgassed H20 
exceeds by more than a few percent the quantity required to satu- 
rate the pore volume of the cryosphere (that region of the crust 
where the temperature remains continuously below the freezing 
point of water), then a subpermafrost groundwater system of 
global extent will necessarily result. As discussed by Clifford 
[198 lb, 1984], the existence of such a system may have played a 
critical role in the long-term climatic cycling of water on Mars. 

This paper examines the potential hydrologic response of a 
water-rich Mars to both climate change and to the physical and 
thermal evolution of its crust. It is based on the ad hoc assump- 
tion that Mars possesses a global inventory of water sufficient to 
both saturate the pore volume of the cryosphere and create a 
groundwater system of global extent. Evidence for such a large 
inventory is provided by a long list of Martian landforms whose 
morphology has been attributed to the existence of subsurface 
volatiles [Rossbacher and Judson, 1981; Carr, 1986, 1987; 
Squyres, 1989]. In particular, it is supported by the existence of 
the outflow channels, whose distribution, size, and range of ages, 
suggests that a significant body of groundwater has been pres- 
ent on Mars throughout much of its geologic history [Baker, 
1982; Tanaka, 1986; Tanaka and Scott, 1986; Carr, 1986, 1987; 
Mouginis-Mark, 1990; Baker et al., 1992]. Based on a conserva- 
tive estimate of the discharge required to erode the channels, and 
the likely extent of their original source region, Carr [1986, 
1987] estimates that Mars may possess a crustal inventory of 
water equivalent to a global ocean 0.5-1 km deep. 

Under the climatic conditions that have apparently prevailed 
on Mars throughout most of its geologic history, ground ice is un- 
stable with respect to the water vapor content of the atmosphere 
at latitudes equatorward of +40 ø [Toon et al., 1980; Clifford and 
Hillel, 1983; Fanale et al., 1986]. As a result, the inventory of 
equatorial ground ice is thought to have experienced a steady de- 
cline. Because the cold polar regions are the dominant thermo- 
dynamic sink for any H20 released to the atmosphere, there is a 
preferential transfer of H20 from the comparatively 'Not" equa- 
torial region to the colder poles. Theoretical arguments and vari- 
ous lines of morphologic evidence suggest that this poleward flux 
of H20 has been augmented throughout the planet's history by 
additional releases of water resulting from impacts, catastrophic 
floods, and volcanism. The subsequent deposition of dust and 
H20 at the poles will ultimately result in a situation where the 
thermal equilibrium depth to the melting isotherm has been ex- 
ceeded. In response to this deposition, melting will begin and 
continue at the base of the polar cryosphere until thermal equi- 

meltwater beneath the polar caps will then result in the rise of 
the local water table in the form of a groundwater mound. Given 
geologically reasonable values of crustal permeability, the gra- 
dient in hydraulic head created by the presence of the mound will 
then drive the flow of groundwater away from the poles and 
towards the equator. At equatorial and temperate latitudes, the 
presence of a geothermal gradient will result in the local dis- 
charge of the system as water vapor is thermally pumped from 
the higher temperature (higher vapor pressure) depths to the 
colder (lower vapor pressure) near-surface crust. In this fashion, 
much of the ground ice and groundwater that has been removed 
from the crust by impacts, catastrophic floods, and long-term 
sublimation, may ultimately be replenished. 

Various aspects of this model, including the inherent instabil- 
ity of equatorial ground ice [Clifford and Hillel, 1983], and polar 
basal melting [Clifford, 1987b], have been discussed in detail 
elsewhere. The focus of this paper will therefore be on those as- 
pects of the hydrologic response of Mars to climate change that 
have so far received little or no attention, with particular empha- 
sis on the potential role of subsurface transport. Among the top- 
ics discussed are the thermal and hydrologic properties of the 
crust, the potential distribution of ground ice and groundwater, 
the stability and replenishment of equatorial ground ice, basal 
melting and the polar mass balance, the thermal evolution of the 
early cryosphere, the recharge of the valley networks and outflow 
channels, and a review of several processes that are likely to 
drive the large-scale vertical and horizontal transport of H20 
within the crust. Throughout this discussion it is assumed that 
the atmospheric leg of the long-term hydrologic cycle is reason- 
ably described by current models of insolation-driven exchange 
[Toon et al. 1980; Fanale et al. 1982, 1986]. Therefore, this pa- 
per will emphasize the geologic requirements and actual physics 
of subsurface flow. 

Finally, it should be stressed again that this is a theoretical 
analysis, one whose scope is purposely restricted to consideration 
of the hydrologic evolution of a water-rich Mars. For this reason, 
no attempt has been made to conclusively demonstrate that Mars 
is indeed water-rich, or that it possesses an inventory of water 
sufficiently large to form a groundwater system of global extent. 
Rather, the volume of water required to satisfy this condition is 
estimated and its potential hydrologic consequences explored. 
The results of this analysis suggest that, given a geologically 
reasonable description of the physical properties of the planet's 
crust and an inventory of water that exceeds the pore volume of 
the cryosphere by as little as a few percent, the hydrologic model 
described here will naturally evolve. If so, subsurface transport 
has likely played an important role in the geomorphic evolution 
of the Martian surface and the long-term cycling of H20 between 
the atmosphere, polar caps, and near-surface crust. 

2. THE GEOPHYSICAL BASIS FOR A GLOBAL 

GROUNDWATER SYSTEM ON MARS 

The existence of a global groundwater system on Mars is nec- 
essarily subject to certain geologic constraints; the most obvious 
of which is that there must exist a suitably porous and permeable 
layer in which the groundwater can reside. In this section the 
evidence supporting the existence of such a layer is summarized. 
In addition, several relevant parameters are discussed, including: 
the variation of porosity with depth, the thermal structure of the 
crust, and how these two factors interact to influence the state 

librium is once again established. The downward percolation of and distribution of water within the crust. 
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2.1. Porosity Versus Depth 

Impact processes have played a major role in the structural 
evolution of the Martian crust [Soderblom et al., 1974; Gurnis, 
1981]. Field studies of terrestrial impact craters [Shoemaker, 
1963; Short, 1970; Dence et al., 1977] and theoretical models of 
the cratering process [Melosh, 1980, 1989; O'Keefe and Ahrens, 
1981] have shown that impacts modify the structure of a plane- 
tary surface in at least two important ways: (1) by the production 
and dispersal of large quantities of ejecta, and (2) through the 
intense fracturing of the surrounding and underlying basement. 
Fanale [1976] has estimated that over the course of Martian 
geologic history, the volume of ejecta produced by impacts was 
sufficient to create a global blanket of debris up to 2 km thick. 
As noted by Carr [1979], it is likely that this ejecta layer is in- 
terbedded with volcanic flows, weathering products, and sedi- 
mentary deposits, all overlying an intensely fractured basement 
(Figure 1). This description of the Martian crust is essentially 
identical to that proposed by Hartmann [1973, 1980] for the 
near-surface of the Moon, where the early period of intense 
bombardment is believed to have resulted in the production of 
a blocky, porous "megaregolith" that extends to considerable 
depth, a view that is supported by the seismic propagation char- 
acteristics of the lunar crust [Toks6z et al., 1972, 1974; Toks6z, 
1979]. 

For the near-surface of the moon, P wave velocities increase 

with depth until they reach a local maximum at about 20-25 km 
[Toks6z et al., 1972, 1974; Simmons et al., 1973; Toks6z, 1979]. 
This behavior is consistent with a reduction in crustal poros- 
ity with increasing lithostatic pressure. The transition between 
fractured and coherent lunar basement is believed to coincide 

with the beginning of the constant velocity zone at a depth of 
-20 km, where the lithostatic pressure is thought to be sufficient 
(>1 kbar-- 108 Pa) to close virtually all impact-generated pore 
space [Toksb'z et al., 1972, 1974; Toks6z, 1979]. 

A closure pressure of 1 kbar is consistent with most laboratory 
studies of fractured igneous rock [Birch, 1961; Siegfried et al., 
1981], but pressures in excess of 5 kbar are sometimes required 
to ensure the closure of all fracture openings [Gold et al., 1971; 

Todd et al., 1973; Siegfried et al., 1977]. Still greater pressures 
(>>10 kbar) are often necessary to eliminate primary porosity, 
such as vesicles in basalt or the intergranular pore space of sedi- 
mentary rock [Birch, 1961; Gold et al., 1971; Todd et al., 1973; 
Siegfried et al., 1977]. Thus, any estimate of crustal porosity, 
based on the assumption of a 1 kbar closure pressure, is nec- 
essarily conservative. 

Binder and Lange [1980] suggest that the seismic properties 
of the lunar crust are best described by an exponential decline in 
porosity with depth, a relationship that is consistent with that 
observed in many geologic environments on Earth [e.g., Athy, 
1930; Schmoker and Gautier, 1988]. According to this model, the 
porosity at a depth z is given by 

ß (z) -- cI)(O) exp(-z/K) (1) 

where •(0) is the porosity at the surface and K is the porosity 
decay constant. 

Assuming that the density of the Martian crust is comparable 
to its lunar counterpart, the inferred value of the lunar porosity 
decay constant (-6.5 km) can be gravitationally scaled to find the 
appropriate value for Mars, i.e., 

K Mars - 6.5 km (g Moon / g Mars) 
= 2.82 km. 

where gMoon (=1.62 m s -2) and gMars (=3.71 m s -2) are the gravi- 
tational accelerations at the surface of the Moon and Mars, re- 
spectively. 

Two potential porosity profiles of the Martian crust are illus- 
trated in Figure 2. The first is based on a surface porosity of 
20%, the same value assumed for the Moon by Binder and Lange 
[1980], and one that agrees reasonably well with the measured 
porosity of lunar breccias [Warren and Rasmussen, 1987]. This 
model yields a self-compaction depth (the depth at which crustal 
porosity falls below 1%) of approximately 8.5 km. By integrating 
the porosity of the crust down to this depth, the total pore volume 
is found to be sufficient to store a global layer of water approxi- 
mately 540 m deep [Clifford, 198 l a]. 

In the second profile, a surface porosity of 50% is assumed, a 
value consistent with estimates of the bulk porosity of Martian 
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Fig. 1. An idealized stratigraphic column of the Martian crust Clifford 
[1981a, 1984]. 
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Fig. 2. Theoretical porosity profiles of the Martian crust based on the lunar 
model of Binder and Lange [1980]. The curve based on a surface porosity 
of 20% is simply the lunar model of Binder and Lange [1980] gravitation- 
ally scaled to Mars. The curve corresponding to a surface porosity of 50% is 
included to account for the possibility that various processes of physical and 
chemical weathering and large-scale ice segregation may have substantially 
increased the available pore space in the outer crust [Clifford, 1984, 1987a]. 
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soil as analyzed by the Viking Landers [Clark et al., 1976]. A 
surface porosity this large may be appropriate if the regolith has 
undergone a significant degree of weathering [e.g., Malin, 1974; 
Huguenin, 1976; Gooding, 1978] or if it contains large segre- 
gated bodies of ground ice. The self-compaction depth predicted 
by this model is roughly 11 km, while its total pore volume is 
equivalent to a global ocean some 1.4 km deep [Clifford, ! 984]. 
This pore volume is likely an upper limit, for it seems doubtful 
that weathering or large-scale ice-segregation will affect more 
than the upper few kilometers of the crust. Below this depth, the 
porosity profile will most likely resemble the gravitationally 
scaled lunar curve. The physical characteristics of both models 
are summarized in Table 1. 

The presence of groundwater could affect estimates of the 
self-compaction depth and total pore volume in several ways. 
As discussed by Hubert and Rubey [1959] and others [Byeflee 
and Brace, 1968; Brace and Kohlstedt, 1980; Thompson and 
Cormoily, 1992], the hydrostatic pressure of water within a pore 
can partially offset the lithostatic pressure acting to close it. 
Thus, for a "wet" Mars, crustal porosity may persist to depths 
roughly a third greater than those indicated by the "dry" models 
in Figure 2. However, groundwater can also reduce crustal poros- 
ity by solution, compaction, and cementation [Maxwell, 1964; 
Rittenhouse, 1971]. Such processes are of greatest significance 
under conditions of high temperature and pressure [Maxwell, 
1964; Petrijohn, 1975]. Currently, these conditions are likely to 
exist only at great depth on Mars, where their impact on the 
overall porosity of the megaregolith is expected to be small. 
However, conditions were almost certainly different in the past. 
For example, models of the thermal history of Mars suggest that 
4 billion years ago the planet's internal heat flow was some 3- 
5 times greater than it is today [Toksrz and Hsui, 1978; Davies 
and Arvidson, 1981; Schubert and $pohn, 1990]. In addition, the 
existence of an early atmospheric greenhouse may have permit- 
ted liquid water to exist at or near the surface, where it may have 
reacted with atmospheric CO 2 to form extensive carbonate de- 
posits within the crust [Kahn, 1985; Postawko and Kuhn, 1986; 
Kasting, 1987; Pollack et al., 1987]. The extent to which such 
processes may have affected the porosity and depth of the mega- 
regolith is unknown. 

Whether Mars once possessed a warmer, wetter climate [Ma- 
sursky et al., 1977; Pollack et al., 1987], or a climate that has al- 
ways resembled the conditions we observe today [Soderblom and 
Wennet, 1978], as the interior of the planet gradually cooled, a 
fleezing-front developed within the crust that propagated down- 
ward with time [Cart, 1979] (see also section 6.2). If the total 
pore volume of this frozen region grew to exceed the planetary 
inventory of water, then eventually all of the water on Mars 
should have been cold-trapped within the frozen near-surface 
crust [Soderblom and Wennet, 1978]. Alternatively, if the pore 
volume of this region is less than the planetary inventory of out- 
gassed water (defined here as the sum total of chemically un- 
bound water present in the planet's atmosphere, on its surface, or 
within its crust), then the excess H20 should have resulted in the 

TABLE 1. Calculated Megaregolith Characteristics 

Surface Porosity Self-Compaction Storage Capacity 
(I)(0), % Depth, km x 107 km 3 m H20 

20 

5O 

8.5 7.8 540 

11.0 20 1400 

formation of extensive bodies of subpermafrost groundwater 
[Clifford, 1981 b, 1984]. The fate and duration of groundwater on 
Mars is therefore critically dependent on both the size of the 
planetary inventory of H20 and total pore volume of the frozen 
crust. 

2.2. Thermal Structure 

The Martian cryosphere is defined as that region of the crust 
where the temperature remains continuously below the freezing 
point of water (Figure 3) [Fanale, 1976; Rossbacher and Judson, 
1981; Kuzmin, 1983]. If we assume a solute-free freezing point of 
273 K, then at the surface this condition is satisfied at every lati- 
tude below the diurnal skin depth, thus defining the cryosphere's 
upper bound. However, because neither the magnitude of the 
Martian geothermal heat flux nor the thermal conductivity of the:' 
crust are known, the depth to the lower bound of the cryosphere 
is considerably less certain. 

The depth to the base of the cryosphere can be calculated from 
the steady state one-dimensional heat conduction equation, where 

z = • (2) 
Qg 

and where •c is the thermal conductivity of the crust, Trap is the 
melting temperature of the ground ice, Tins is the mean annual 
surface temperature, and Qg is the value of the geothermal heat 
flux [Fanale, 1976]. At present, only the current latitudinal range 
of mean annual surface temperature is known to any accuracy 
(-154-218 K +5 K), while the remaining variables have asso- 
ciated uncertainties of 20-50%. Plausible ranges for each of 
these variables are discussed below. 

2.2.1. Thermal conductivity. Four principal factors influence 
the thermal conductivity of terrestrial permafrost, they are: bulk 
density, degree of pore saturation, particle size, and temperature 
[Clifford and Fanale, 1985]. The effect of an increase in bulk 
density (and/or pore saturation) on the thermal conductivity of 
permafrost is readily understood because the conductivities of 
rock and ice are significantly higher than the conductivity of the 
air they displace. However, the effects of particle size and tem- 
perature are a bit more complicated. 

Experiments have shown that thin films of adsorbed water 
remain unfrozen on mineral surfaces down to very low tempera- 
tures [Anderson et al., 1967; Anderson and Tice, 1973], particu- 
larly in the presence of potent fleezing point depressors such as 

North Polar Cap South Polar Cap 
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Fig. 3. A pole-to-pole cross section of the Martian crust illustrating the 
theoretical latitudinal variation in depth of the freezing front at the base of 
the cryosphere. Note that ground ice can exist in equilibrium with the atmos- 
phere only at those latitudes and depths where crustal temperatures are below 
the frost point of atmospheric water vapor [-198 K, Farmer and Doms, 
1979]. Outside these locations, ground ice can only survive if it is diffusively 
isolated from the atmosphere by a regolith of low gaseous permeability [e.g., 
Smoluchowski, 1968; Clifford and Hillel, 1983; Fanale et al., 1986]. 
Figure adapted from Fanate [ 1976] and Rossbacher and Judson [ 1981]. 
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NaC1 and CaCI 2 [Banin and Anderson, 1974]. Because the ther- 
mal conductivity of unfrozen water (-0.54 W m -I K -I [Penner, 
1970]) is significantly lower than that of ice (2.25 W m -l K -I at 
273 K), its presence will necessarily decrease the effective ther- 
mal conductivity of silicate-ice mixtures. Since the quantity of 
H20 adsorbed per unit surface area is roughly constant for all 
mineral soils [Puri and Murari, 1963], it follows that the con- 
ductivity of a frozen soil will be proportional to its content of 
high specific surface area clay. However, as the temperature of a 
frozen soil declines, so too does its content of adsorbed water 
[Anderson et al., 1967; Anderson and Tice, 1973]. This results in 
an increase in the soil's effective conductivity, an increase that is 
compounded by the strong temperature dependence of the ther- 
mal conductivity of ice, which rises from 2.25 W m -1 K -I at 
273 K, to 4.42 W m -1 K -1 at 160 K [Ratcliffe, 1962]. 

Although a direct measurement of the bulk thermal conductiv- 
ity of the Martian megaregolith is lacking, a likely range of val- 
ues can be inferred by considering terrestrial analogs. Images of 
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the surface taken by the Viking spacecraft suggest that the li- Fig. 4. Thermal conductivities of frozen soil and basalt [Clifford and 
thology of the upper few kilometers of the crust varies from a Fanale, 1985]. 
loose fine-grained regolith to meter-sized blocks of ejecta, all in- 
tercalated with a significant quantity of volcanics [Greeley and 
Spudis, 1981; Greeley, 1987; Arvidson et al., 1989]. If so, then 
thermal properties of the megaregolith should be closely approxi- 
mated by those of terrestrial frozen soil and basalt. 

Laboratory measurements of the thermal conductivity of 144 
samples of frozen soil and 301 samples of basalt are summarized 
in Table 2 and Figure 4. The samples vary in composition, lithol- 
ogy, porosity, and degree of pore saturation, but all represent 
conditions that are likely to exist somewhere within the top 
10 km of the Martian crust. The thermal conductivities of the soil 

samples range from 0.08-4.0 W m -1 K -1, with an average value 
of-1.66 W m -1 K-i; while the basalt conductivities exhibit a 
greater spread, 0.09-5.40 W m -1 K -1, with an average value of 
-2.06 W m -1 K -1. 

If our assumptions about the structure and lithology of the 
outer crust are correct (i.e., Figure 1 ), then the thermal properties 
of the megaregolith will be most strongly influenced by basalt. If 
so, the data in Table 2 suggest a column-averaged thermal 
conductivity of-2.0 (_1.0) W m -l K -1, with lower values likely 

TABLE 2. Thermal Conductivity of Megaregolith Analogs 

Group Description 
Number of 

Samples 
Conductivity Range, 

W m -1 K -1 

la 

b 

2 

3a 

b 

4a 

b 

5 

6 

7 

8a 

b 

c 

9a 

10a 

b 

11 

12a 

b 

13 

14 

15 

Frozen Soil 

Sandy soils, 50-100% saturation [Sanger, 1963] 
Sandy soils, 3-45% saturation [Sanger, 1963] 
Poorly graded clean sand, 100% saturation [Lachenbruch et al., 1982] 
Clay soils, 50-100% saturation, T= 263 K [Sanger, 1963] 
Clay soils, 15-45% saturation, T= 263 K [Sanger, 1963] 
Generic silt soil, 100% saturation [ Lachenbruch, 1970] 
Generic clay soil, 100% saturation [Lachenbruch, 1970] 
Clay soil, nearly saturated [Slusarchuk and Watson, 1975] 
Leda clay and Sudbury silty clay soils, 100% saturation, T = 253 K [Penner, 1970] 
Fairbanks silty clay loam, 5-100% saturation, T = 269 K [Kersten, 1963] 
Black cultivated soil, 0-100% saturation, T = 268 K [Higashi, 1953] 
Brown subsoil, 0-100% saturation, T = 268 K [Higashi, 1953] 
Yellow brown subsoil, 0-100% saturation, T = 268 K [Higashi, 1953] 

Basalt 

Chloritic Golden Mile basalt, 0% saturation [Sass, 1964] 
Amphibolitic Golden Mile basalt, 0% saturation [Sass, 1964] 
Nomeman basalt, 0% saturation [Sass, 1964] 
Portage Lake lava (amygdaloidal tops), 0% saturation [Birch, 1950] 
Portage Lake lava (dense flows), 0% saturation [Birch, 1950] 
Ventersdorp lava, 0% saturation [Bullard, 1939] 
Vesicular Hawaiian basalt, 100% saturation [Robertson and Peck, 1974] 
Vesicular Hawaiian basalt, 0% saturation [Robertson and Peck, 1974] 
Columbia River Plateau basalt, 0% saturation [Sass and Munroe, 1974] 
Knippa basalt, 0% saturation [Horai and Baldridge, 1972] 
Deep-Sea Drilling Project leg 37 basalts, 100% saturation [Hyndman and Drury, 1976] 

18 

24 

5 

21 

10 

average of many 
average of many 

24 

2 

13 

8 

9 

8 

144 (total) 

28 

11 

7 

10 

27 

9 

57 

60 

72 

1 

19 

301 (total) 

1.80-4.00 

0.33-2.35 

3.39-3.67 

1.26-3.06 

0.47-1.38 

2.34 

1.84 

1.49-2.25 

1.67-2.09 

0.25-1.95 

0.18-1.42 

0.08-1.21 

0.10-0.82 

1.66 (average) 

3.85-5.40 

3.22-4.98 

2.47-2.93 

2.30-3.77 

1.72-2.76 

2.64-3.60 

0.84-2.41 

0.09-1.80 

1.12-2.38 

2.30 

1.66 

2.06 (average) 
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near the surface, where fine-grained materials may be present 
in abundance, and higher values occurring at depth, where the 
lithology of the crust is likely to be characterized almost exclu- 
sively by fractured igneous rock [Clifford and Fanale, 1985]. In 
contrast, previous estimates were often based on the thermal 
properties of a specific terrestrial analog. For example, Fanale 
[1976] assumed that the properties of the megaregolith were 
well-represented by a hard-frozen limonitic soil (•: -- 0.8 W m -• 
K-l), while Crescenti [1984] assumed a purely basaltic composi- 
tion (•:- 2.09-2.5 W m -• K-l). 

data) are 82 mW m -2 [Sclater et al., 1980] and 16 mW m -2 
[Keihm and Langseth, 1977], respectively. 

Given the broad range of Martian heat flux estimates, a 
globally averaged value of 30 mW m -2 appears to be a reasonable 
choice for the present day heat flow. Substituting this estimate, 
and the current best estimates of crustal thermal conductivity 
(2.0 W m -• K -1) and ground ice melting temperature (252 K) 
into equation (2), we find that the depth to the base of the 
cryosphere should vary from about 2.3 km at the equator to 
approximately 6.5 km at the poles, an increase that reflects the 

2.2.2. Melting temperature. The melting temperature of corresponding poleward decline in mean annual surface tem- 
ground ice can be depressed below 273 K by both pressure and 
solute effects; however, the effect of pressure is minimal 
(-7.43 x 10 -8 K Pa -• [Hobbs, 1974]), while the effect of salt can 
be quite large. The existence of various salts in the regolith is 
supported by the discovery of a duricrust layer at both Viking 
Lander sites and by the elemental composition of the soil as de- 
termined by the inorganic chemical analysis experiments on 
board each spacecraft [Toulmin et al., 1977; Clark, 1978; Clark 
and Van Hart, 1981 ]. Among the most commonly cited candi- 
dates are NaC1, MgC12, and CaC12, which have freezing points at 
their eutectics of 252 K, 238 K, and 218 K, respectively [Clark 
and Van Hart, 1981]. Indeed, some multicomponent salt solu- 
tions have freezing temperatures as low as 210 K [Brass, 1980]. 
It should be noted, however, that serious questions have been 

perature (Table 4 and Figure 5). For completeness, maximum 
and minimum cryosphere depths have also been calculated by 
combining the appropriate limiting values of geothermal heat 
flow, thermal conductivity, and melting temperature. Although, 
the local thermal properties of the crust are likely to display a 
high degree of variability, on a globally averaged basis it appears 
unlikely that any geologically reasonable combination will result 
in cryosphere depths that differ by more than 50% from the 
values predicted by the nominal model. 

By integrating the crustal porosity profile given by equa- 
tion (1) from the surface down to the melting isotherm depths 
presented in Table 4, the potential pore volume of the cryos- 
phere is readily determined (Table 5). For the given range of 
porosities and the likely thermal properties of the crust (i.e., 

raised concerning the chemical and thermodynamic stability of those represented by the nominal model), this amounts to a pore 
CaC12 and MgC12 under ambient Martian conditions, particularly 
in the presence of abundant sulfates [Clark and Van Hart, 1981 ]. 
Given these arguments, brines based on NaC1 appear to be the 
most likely candidates to be found within the crust. 

2.2.3. Geothermal heat flux. Like the other variables in 
equation (2), estimates of the Martian geothermal heat flux have 
varied over a wide range (Table 3). Solomon and Head [1990] 
have noted that if Mars loses heat at the same rate per unit mass 

volume sufficient to store a global layer of water some 370- 
940m deep. For the extreme conditions represented by the 
minimum and maximum thermal models, the range in potential 
storage capacity varies from a global ocean as small as 40 m 
deep, to one as large as 1 400 m. Note that for the thermal con- 
ditions defined by the maximum case, the megaregolith should 
be frozen throughout, a condition that appears incompatible with 
the geomorphic evidence for abundant groundwater (i.e., the 

as the Earth, then it should have a mean global heat flux of outflow channels) throughout much of Martian geologic history 
-31 mW m -2, a figure that agrees reasonably well with the in- [Baker, 1982; Tanaka, 1986; Tanaka and Scott, 1986; Carr, 
dependently derived estimates of Fanale [1976], Toks6z and 
Hsui [1978], Turcotte et al. [1979], and Stevenson et al. [1983]. 
However, other published estimates have been both significantly 
higher and lower. For example, thermal modeling by Toks6z et 
al. [1978], Davies and Arvidson [1981], and Schubert and Spohn 
[1990] suggests a present-day heat flux as high as 40-45 mW 
m-2; whereas work by Solomon and Head [ 1990], based on rheo- 
logic estimates of lithospheric thickness and mantle heat produc- 
tion (inferred from the composition of the SNC meteorites), 
suggests values as low as 15-25 mW m -2. For comparison pur- 
poses, the current best estimates of the average heat flux of the 
Earth and Moon (the only bodies for which there is any actual 

TABLE 3. Estimated Globally Averaged Geothermal Heat Flux 

Heat Flux 

Planet Source mW m -2 

Mars Fanale [ 1976] 30 
Toks& and Hsui [1978] 35 
Toksb'z et al. [1978] 45 
Turcotte et al. [1979] 33.5 
Davies and Amidson [ 1981 ] 40 
Stevenson et al. [1983] 28-32.4 
Schubert and Spohn [1990] 40 
Solomon and Head [1990] 15-25 

Earth Sclater et al. [1980] 82.3 

Moon Keihm and Langseth [1977] 14-18 
, 

1986, 1987; Mouginis-Mark, 1990; Baker et al., 1992]. 

2.3. The Distribution of Groundwater 

Thermodynamically, the primary sink for subsurface H20 on 
Mars is the cryosphere; however, once the pore volume of the 
cryosphere has been saturated with ice, any remaining water will 
drain to saturate the lowermost porous regions of the crust. But 
how deep and areally extensive will the resulting zone of satura- 
tion be? As a first approximation, Mars can be considered a per- 
fect sphere whose porosity profile is everywhere described by 
equation (1). The quantity of water required to produce an aqui- 
fer of any given thickness can then be calculated by integrating 
the pore volume of the megaregolith between the self-compaction 
depth and any shallower region of the crust. For example, a 
quantity of water equivalent to a global layer 10 m deep is suffi- 
cient to saturate the lowermost 0.85 km of the megaregolith (Fig- 
ure 6), while a quantity of water equivalent to a 100-m layer 
would create a global aquifer nearly 4.3 km deep [Clifford, 1984, 
1987a]. 

However, Mars is not a perfect sphere. Its crust has been af- 
fected by a variety of geologic processes that have created a sur- 
face of considerable heterogeneity and topographic relief. This 
diversity is undoubtedly reflected in the variability of a number 
of important hydrologic characteristics, including both the local 
porosity profile and the depth of self-compaction. Unfortunately 
without further data, the magnitude of this variation is impossi- 
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TABLE 4. Latitudinal Variation of Cryosphere Thickness 

Mean Annual Depth, km 
Latitude Temperature, K Minimum Nominal Maximum 

90 154 1.24 6.53 23.8 
80 157 1.18 6.33 23.2 

70 167 0.96 5.67 21.2 

60 179 0.69 4.87 18.8 

50 193 0.38 3.93 16.0 

40 206 0.09 3.07 13.4 

30 211 -- 2.73 12.4 

20 215 -- 2.47 11.6 

10 216.5 -- 2.37 11.3 

0 218 -- 2.27 11.0 

-10 216.5 • 2.37 11.3 

-20 215 • 2.47 11.6 

-30 211 • 2.73 12.4 

-40 206 0.09 3.07 13.4 

-50 193 0.38 3.93 16.0 

-60 179 0.69 4.87 18.8 

-70 167 0.96 5.67 21.2 

-80 157 1.18 6.33 23.2 

-90 154 1.24 6.53 23.8 

Thermal model properties: Minimum: Qg = 45 mW m -2, k = 1.0 W m -1 K -1, Trap = 210 K; Nominal: Qg -- 30 
mW m -2, k = 2.0 W m -1K -1, Trap = 252 K; and Maximum: Qg = 15 mW m -2, k = 3.0 W m -1K -1, Trap = 273 K. 

LATITUDE 

-90 -60 -30 0 30 60 -90 
0 

-10 

-15 

-2O 

-25 

Maximum 

Nominal 

Minimum 

Fig. 5. Extent of the Martian cryosphere for the three thermophysical models defined in the text and in Table 4. 

TABLE 5. Storage Potential of Martian Cryosphere 

Pore Volume, x107 km 3 Equivalent Global Ocean of H20, m 
Extent of 

Cryosphere (I)(0) = 20% (I)(0) = 50% (I)(0) = 20% (I)(0) = 50% 

Minimum 0.57 1.43 39 99 

Nominal 5.42 13.6 37 4 936 
Maximum 7.76 20.0 536 1382 

Thermal model properties: Minimum: Qg = 45 mW m -2, k = 1.0 W m -1 K -1, Trap = 210 K; Nominal: Qg -- 
30 mW m -2, k = 2.0 W m -1K -1, Trap = 252 K; and Maximum: Qg = 15 mW m -2, k = 3.0 W m -1K -1, Trap = 273 K. 

ble to quantify. Thus, although it is clear that the local character- 
istics of the crust are poorly described by a single set of globally 
averaged values, they are the best approximation of these prop- 
erties that we can presently make. 

The one improvement that can be made in attempting to 
model the potential distribution of groundwater on Mars is to 
consider the effect of topography. If we assume that the local 
porosity profile of the crust is described everywhere by equa- 
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Fig. 6. Resulting saturated thicknesses of groundwater for inventories equiv- 
alent to a global ocean 10 and 100 rn deep. In this model Mars is considered 
a perfect sphere whose porosity profile is described everywhere by equa- 
tion (1) [Clifford, 1984, 1987a]. 

tion (1), then the depth of self-compaction will mirror the gross 
variation of surface topography, defining an irregular, imper- 
meable lower bound for the occurrence of groundwater at a con- 
stant depth approximately 10 km beneath the surface. Figure 7 is 
a pole-to-pole cross section of this crustal model, where the sur- 
face elevations and self-compaction depths have been averaged 
as a function of latitude. This cross section illustrates the po- 
tential stratigraphic relationships between surface topography, 
ground ice, and groundwater, for groundwater inventories rang- 
ing from 10 to 250 m. Note that for a groundwater system in 
hydrostatic equilibrium, the water table conforms to a surface of 
constant geopotential. In contrast, the distribution of ground ice 
is controlled by the local surface temperature and the magnitude 
of the geothermal gradient. As a result, the position of the mel- 
ting isotherm at the base of the cryosphere will mirror the 
first-order variations in surface topography, but at a depth sev- 

10 

>- 

---J q0 

-90 -60 -30 0 30 60 90 

LATITUDE 

Fig. 7. A pole-to-pole cross section of the Martian crust illustrating the po- 
tential relationship between topography, ground ice, and groundwater, for 
hypothetical groundwater inventories equivalent to a global layer 10, 100, 
and 250 rn deep. Surface elevations are averaged as a function of latitude 
based on the USGS Mars Digital Terrain Model, while the latitudinal vari- 
ation in ground ice thickness is based on the nominal model results listed in 
Table 4. The calculated groundwater depths assume that the groundwater is 
in hydrostatic equilibrium, that the local porosity proœfie of the crust is given 
everywhere by equation (1), and that the self-compaction depth mirrors the 
gross variation of surface topography at a constant depth of 10 km beneath 
the surface. 

eral kilometers or more beneath the surface. As illustrated in 

Figure 7, the differences between these controlling influences 
(porosity, gravity, and thermal structure) are of considerable 
importance in determining the state and vertical stratification of 
H20 within the crust. For example, beneath topographic highs, 
the absolute elevation of the local self-compaction depth may 
exceed the elevation of the global water table; thus, only near- 
surface ground ice may be present in a vertical section of the 
crust. Beneath areas of slightly lower elevation, both ground ice 
and groundwater may be present; however, the vertical distances 
separating these regions may be substantial, leaving an interven- 
ing unsaturated zone that could be many kilometers thick. In still 
lower regions, the entire crustal column may be saturated with 
ground ice and groundwater. Indeed, in the very lowest regions, 
such as the interior of Hellas, the absolute elevation of the global 
water table may exceed that of the local topography. In such in- 
stances the ground ice layer will be under a substantial hydraulic 
head. As discussed by Carr [1979], a rupture of this barrier could 
lead to a significant discharge of groundwater. However, such a 
rupture is eventually self-sealing, because as the groundwater 
erupts onto the surface, it will lower the local hydraulic head 
until it falls even with the elevation of the basin floor. At that 

time, the reduced discharge will permit the water-saturated reg- 
olith to refreeze at the point of breakout, until the original ground 
ice thickness is eventually reestablished. 

Figure 8a illustrates how the areal coverage of groundwater in 
the crustal model described above should vary as a function of 
the available inventory of groundwater (i.e., in excess of the H20 
already stored as ground ice in the cryosphere). This relation- 
ship is seen more clearly in Plate 1, where the areal coverage 
of groundwater systems based on available inventories of 10 m, 
100 m, and 250 m of water are superimposed on a topograph- 
ic map of Mars. For the assumed crustal characteristics, the 
resulting aquifers underlie 34%, 91%, and 98% of the planet's 
surface (Figure 8a), and possess local saturated thicknesses that 
range from zero to a maximum of 5 km, 10 km, and 13 km, re- 
spectively (Figure 8b). 

To summarize, this analysis suggests that once the pore vol- 
ume of the cryosphere has been saturated with ice, very little ad- 
ditional water (-10 m) is required to produce a groundwater 
system of substantial extent. Indeed, given an unlikely combi- 
nation of low crustal thermal conductivity, high heat flow, and 
large freezing point depression, a global-scale groundwater sys- 
tem could conceivably result from an outgassed global inventory 
of H20 as small as 50 m; however, for more plausible conditions, 
such as those described by the nominal model, a planetary inven- 
tory in excess of 400 m appears necessary. 

3. TERRESTRIAL ANALOGS: THE OCCURRENCE OF 

GROUNDWATER AND THE PERMEABILITY 

OF THE EARTH'S CRUST 

While the calculations presented in the previous section indi- 
cate that a planetary-scale groundwater system on Mars is physi- 
cally possible, is it geologically reasonable? Unfortunately, a 
clear answer to this question is clouded by the fact that subsur- 
face hydrology remains an inexact science even here on Earth. 
Much of this uncertainty is attributable to our limited knowledge 
of the detailed three-dimensional structure of the Earth's crust. It 

is also due to the subjective and often erroneous way in which 
this knowledge has historically been interpreted. 

Until recently, terrestrial groundwater investigations were 
driven almost exclusively by a desire to locate easily tapped 
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Fig. 8. (a) The percent of Mars underlain by groundwater and (b) the abso- 
lute elevation of the global groundwater table as a function of the planetary 
inventory of groundwater (expressed as an equivalent global ocean of H20 ). 
This model is based on the same data set and assumptions as Figure 7. 

sources of water for human, industrial, and agricultural con- 
sumption. As a result, little effort was spent to characterize the 
nature and extent of groundwater systems whose development 
was perceived as economically prohibitive or whose water qual- 
ity was poor. This limited perspective has contributed to a 
number of misconceptions about the nature of the subsurface 
hydrologic environment, a problem that has been further aggra- 
vated by the frequent and often uncritical use of terms like 
"aquifer" and "aquiclude", that lack precise definitions. For ex- 
ample, a water-bearing formation that may be considered an 
aquifer in one region (such as a desert), might well be considered 
an aquiclude (i.e., essentially impervious) in a region where 
other significantly higher-yielding formations are present [Davis 
and De Wiest, 1966]. The evaluation of groundwater systems by 
such subjective standards has led to the widespread perception 
that groundwater flow on Earth is restricted to shallow, local 
aquifers with well-defined impermeable boundaries. However, 
over the past 30 years, numerous detailed subsurface hydrologic 
investigations have clearly demonstrated the inaccuracy of this 
picture. In this section, some of the key findings of these inves- 
tigations will be summarized, providing the necessary terrestrial 
background for evaluating the likelihood, potential extent, and 
subsequent evolution, of a global groundwater system on Mars. 

3.1. The Occurrence of Groundwater 

Deep well observations indicate that groundwater is present, 
at some depth, virtually everywhere beneath the Earth's surface 
[Waltz, 1969; de Marsily et al., 1977; Fetter, 1980]. According to 
Brace [ 1971 ], this zone of saturation generally extends to a depth 
that is at least 4-5 km below the regional water table. However, 
there is considerable evidence that groundwater persists to even 
greater depths. Some of this evidence comes from studies of the 
electrical conductivity of the top 20 km of the Earth's crust, a 
conductivity that is several orders of magnitude higher than that 
of dry rock studied under similar conditions of temperature and 
pressure [Hyndman and Hyndman, 1968; Brace, 1971; Nekut 
et al., 1977; Thompson et al., 1983; Shankland and Ander, 

400 1983]. Although a wide variety of explanations have been pro- 
posed to account for these observations, laboratory studies and 
theoretical arguments both strongly suggest that the high elec- 
trical conductivity of the crust owes its origin to the existence of 
water-saturated permeable rock at depth [Hyndman and Hynd- 
man, 1968; Brace, 1971; Shankland and Ander, 1983; Gough, 
1992]. 

More direct evidence for the existence of groundwater at 
depth comes from deep borehole studies, such as the Russian 
"superdeep" research well located in the Kola Peninsula [Koz- 
lovsky, 1982, 1984]. The Kola well, which is part of an extensive 
Russian program to study the deep structure and evolution of the 
continental crust, has penetrated to a depth of over 12 km. 
Throughout the interval of 4.5-9 km, the well encountered 
numerous zones of intensely fractured crystalline rock from 
which large flows of hot, highly mineralized water were released. 
These flows occurred despite confining pressures in excess of 

4oo 3 kbar [Kozlovsky, 1982]. Flow under these conditions is thought 
to be possible only when the permeability of the host rock is low 
enough for pore fluid pressures to reach lithostatic values; trans- 
port may then occur by the propagation of fluid-filled microfrac- 
tures in response to tectonic stress [Thompson and Connolly, 
1992]. Such an argument has been proposed to explain the iso- 
topic (fid and 5180) composition of groundwater found in deep 
fault zones, which indicates that surface-derived water has cir- 
culated to depths as great as 10-15 km [Kerrich et al., 1984; 
McCaig, 1988]. 

3.2. The Large-Scale Permeability of the Earth's Crust 

Numerous borehole and seismic investigations have estab- 
lished that the Earth's crust consists largely of fractured rock 
[LeGrand, 1979; Brace, 1980, 1984; Mair and Green, 1981; See- 
burger and Zoback, 1982]. While some early studies suggested 
that the density of fractures declines appreciably with depth [e.g., 
Snow, 1968], more recent investigations indicate that this cor- 
relation is limited to the weathered, near-surface layer. Indeed, in 
numerous wells drilled in various parts of the world, fractures 
are invariably found down to the limit of exploration, with little 
or no evidence of a significant decline in fracture density [See- 
burger and Zoback, 1982; Haimson and Doe, 1983; Kozlovsky, 
1982, 1984]. 

Although independent of depth, the variability of fracture 
density within a given borehole, or between boreholes, is often 
considerable. For example, one hole may exhibit a fairly uniform 
distribution of fractures throughout its length, while another, just 
a few kilometers away, may display concentrations of fractures in 
densely fractured intervals [Seeburger and Zoback, 1982; Haim- 
son and Doe, 1983]. As a result, neighboring wells may some- 



10,982 CLIFFORD: HYDROLOGIC AND CLIMATIC BEHAVIOR OF WATER ON MARS 

E 

p- 
z 
•J 

z 

z 

z 

• E 

E 

p- 
z 
•J 

z 

z 

z 
o 



CLIFFORD: HYDROLOGIC AND CI•MATIC BEHAVIOR OF WATER ON MARS 10,983 

times show as much as a four-order-of-magnitude difference in is called a groundwater divide. The extent to which infiltration 
permeability over the same depth interval [Brace, 1980]. from the surface contributes to groundwater flow in neighboring 

Because of the spatial variability of fractures, the effective basins is based solely on which side of the divide the infiltration 
permeability of crustal rocks is critically dependent on the scale occurs. The resulting variation in hydraulic head then drives the 
of the sample under consideration (Figure 9). For example, labo- 
ratory measurements of samples several centimeters in size gen- 
erally indicate only the minimum permeability of a rock mass 
[Brace, 1984]. However, at the scale of interest for most hydro- 
geologic studies (generally 102-103 m), virtually all crustal rocks 
have undergone a considerable degree of fracturing, dramatically 
increasing their effective permeabilities [Streltsova, 1976; Le- 
Grand, 1979; Seeburger and Zoback, 1982; Brace, 1980, 1984]. 

Despite the low porosity of fractured rock (-1%), its perme- 

flow of groundwater to the basin interior, where it evaporates 
from the water table or is discharged to the surface as a lake or 
spring-fed stream. 

Although most basin aquifers are modeled as if they were hy- 
draulically independent, virtually all are part of larger intermedi- 
ate and regional groundwater flow systems (Figure 11) [Toth, 
1963, 1978; Ambroggi, 1966; Freeze and Witherspoon, 1967; 
Mifflin and Hess, 1979; Habermehl, 1980; Castany, 1981; Issar, 
1985]. In such systems, neighboring basins are linked by net- 

ability is often quite high [LeGrand, 1979; Brace, 1980; Fetter, works of intersecting faults and fractures. In practice, the extent 
1980]. This is because the pore geometry of a fracture is inher- of this interconnection is not often recognized because the vol- 
ently more efficient at conducting a fluid per unit porosity than ume of water that participates in interbasin flow usually repre- 
the geometry of an intergranular pore network; thus, a rock with sents only a small fraction of a basin's total hydrologic budget. 
a fracture porosity of only 0.011% can have the same permeabil- Exceptions are noted when there are sizable differences in pre- 
ity as a silt with a porosity of 50% [Snow, 1968]. cipitation between neighboring basins and/or the fracture perme- 

The pervasive nature of crustal fractures means that few, if ability of the intervening formation is high. 
any, large-scale geologic formations can be considered imperme- 
able [de Marsily et al., 1977; Fetter 1980; Brace, 1980, 1984]. 
Indeed, Brace [ 1980, 1984] has summarized the results of in situ 
borehole permeability measurements, as well as permeabilities 
inferred from large-scale geologic phenomena (such as earth- 
quakes triggered by fluid injection from nearby wells), and has 
concluded that, on a size scale of 1 km, the average permeability 
of the top 10 km of the Earth's crust is roughly 10 -2 darcies 
(where 1 darcy is the permeability necessary to permit a specific 
discharge of 1 cm s -1 for a fluid with a viscosity of 1 centipoise 
under a hydraulic pressure gradient of 1 bar cm-l; 1 darcy -- 
10 -•2 m2). Thus, at this size scale, virtually all groundwater sys- 
tems on Earth may be considered hydraulically interconnected. 
The extent of this interconnection has become increasingly ap- 
parent as detailed hydrogeologic studies have demonstrated the 
potential for contamination of groundwater supplies by migrating 
chemical and radioactive wastes [de Marsily et al., 1977; 
Anderson, 1987]. 

3.3. Local and Regional Groundwater Flow 

On Earth, the smallest and most dynamic element of a ground- 
water flow system is typically a shallow unconfined aquifer 
located within a small topographic basin. Because the aquifer is 
recharged by atmospheric precipitation, the water table general- 
ly conforms to the shape of the local terrain (Figure 10). The 
elevated water table that occurs at the boundary between basins 

PERMEABILITY: THE EFFECT OF SCALE 

CENTIMETER 10 - 100 METER KILOMETER 

Fig. 9. The effect of scale on crustal permeability measurements (after Brace 
[1984]). Laboratory studies of rock samples only a few centimeters in size 
generally yield only the minumum permeability of a rock mass. However, on 
a size scale of kilometers, the pervasive nature of crustal faults and fractures 
yields a mean permeability of -10 -2 darcies for the top 10 km of the Earth's 
crust. 

3.4. Examples of Large-Scale Terrestrial 
Groundwater Flow Systems 

In areas that experience frequent precipitation, both the shape 
of the water table and the direction of groundwater flow are 
strongly influenced by the local topography, making any evidence 
of regional or interbasin flow difficult to recognize. However, in 
arid regions, the long intervals between atmospheric recharge 
often provide sufficient time for the topographic influence on the 
shape of the water table to decay, making evidence of large-scale 
hydraulic continuity considerably easier to identify. For this rea- 
son, the best recognized examples of regional groundwater flow 
on Earth are all found in arid environments. 

3.4.1. The Great Basin Carbonate Aquifer System, USA. 
Some of the very first evidence for interbasin groundwater flow 
came from Death Valley, California, where it was observed that 
the discharge of certain springs far exceeded that which could be 
explained by local recharge [Hunt and Robinson, 1960]. This 
discovery suggested that groundwater derived from the higher 
intermontane basins to the east was reaching Death Valley via an 
extensive network of interconnected fractures through a thick 
intervening formation of carbonate rock. Convincing support for 
this hypothesis came from the near identical chemical composi- 
tion of spring water in Death Valley and that found -70 km to 
the east in the intermontane valley of Ash Meadows, Nevada. 

The discovery of interbasin flow between Ash Meadows and 
Death Valley raised concern about the possibility of groundwater 
contamination from underground nuclear tests conducted at the 
nearby Nevada Test Site [Winograd, 1962]. Although the three 
large basins encompassed by the Test Site are topographically 
isolated, the well water levels in all three are essentially identi- 
cal, a result that argues strongly for hydraulic interconnection. 
Shortly after this discovery, another regional groundwater system 
was discovered to the east of the Test Site that linked 13 inter- 

montane valleys into a regional flow system measuring roughly 
385 by 115 km [Eakin, 1966]. Indeed, as investigations continue, 
it is now believed that most of western Utah, eastern and south- 
ern Nevada, and the southeastern comer of California are under- 
lain by one or more deep regional flow systems that extend from 
Great Salt Lake to Death Valley. The host rock is a thick (6- 
9 km) accumulation of Paleozoic limestone and dolomite that 
underlies -1.6 x 105 km 2 of the Great Basin province [Mifflin 
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Fig. 11. An illustration of the nested nature, lateral extent, and relative depth 
of flow of local, intermediate, and regional groundwater flow systems. 

and Hess, 1979; Harrill, 1984; Thomas and Mason, 1986]. Be- 
cause little data has been collected below the upper zone of satur- 
ation, the full extent of hydraulic continuity within the system 
has yet to be established. However, at depth, the limited evi- 
dence that does exist suggests that solution-widened fractures 
and caverns have created widespread regions of high perme- 
ability, a characteristic that has made carbonate aquifers among 
the most extensive and productive in the world [LeGrand and 
Stringfield, 1973; Mifflin and Hess, 1979]. 

3.4.2 The Great Artesian Basin, Australia. The Great Arte- 
sian Basin underlies -1.7 x 106 km 2 of the eastern half of 

Australia, an arid to semi-arid region that represents over one- 
fifth the land area of the entire continent [Habermehl, 1980]. 
Structurally, the basin is a bowl-shaped depression that contains 
up to 3 km of sedimentary deposits. These deposits form a 
multilayer confined aquifer system consisting of sandstone aqui- 
fers sandwiched between less permeable layers of siltstone and 
mudstone [Habermehl, 1980; Cathles, 1990]. 

The basin is recharged along its eastern margin by precipita- 
tion on the elevated slopes of the Great Dividing Range. Dis- 
charge by natural springs occurs primarily in a region 900 km to 
the southwest, in the vicinity of Lake Eyre [Habermehl, 1980]. 
Numerical models and isotopic data suggest that the natural flow 
velocity through the basin's principal aquifer is -1.0 m yr -•, with 

a total east-west transit time in excess of 1 million years [Bentley 
et al., 1986; Cathies, 1990]. 

Unlike the Great Basin Carbonate Aquifer System in the 
United States, the geologic simplicity of the Gmat Artesian Basin 
Aquifer led to early recognition of both its physical dimensions 
and the extent of groundwater flow [e.g., Pittman, 1914]. To this 
day, it remains the largest recognized single-basin groundwater 
system on Earth. 

3.4.3. The Nubian Aquifer System of the Eastern Sahara. 
The groundwater resources of the Sahara Desert in North Africa 
are divided among eight major sedimentary basins [Ambroggi, 
1966; Burdon, 1977; Margat and Saad, 1984]. Two of these, the 
Dakhla Basin of Egypt and the Kufra Basin of Libya, form the 
Nubian Aquifer System of the Eastern Sahara, a regional aquifer 
with an area of-2 x 10 6 km 2 [Schneider, 1986; Hesse et al., 
1987]. The aquifer's principal water-bearing formation is the 
Nubian Sandstone, which varies in thickness from less than 
500m to more than 3000 m [Sham, 1982]. In the northern 
portion of the system (i.e., between-25øN and the southern 
shore of the Mediterranean Sea) the sandstone is intercalated 
with shales and clays and overlain by fractured carbonate rock, 
creating a confined multilayered system of considerable com- 
plexity [Sham, 1982; Hesse et al., 1987]. 

From a human and agricultural resource perspective, the 
Nubian Aquifer is generally considered hydraulically isolated; 
however, them is considerable evidence of hydraulic continuity 
far beyond the system's recognized boundaries. For example, the 
northern limit of the aquifer is usually defined by the location of 
the saline-fresh water interface that occurs up to several hundred 
kilometers inland from the Mediterranean Sea [Sham, 1982; 
Thorweihe, 1986]. Although the location of this chemical transi- 
tion is important in the context of water quality, it has no beating 
on the extent of hydraulic continuity. Indeed, exploration wells in 
northern Egypt have established that the Nubian sandstone per- 
sists and deepens as it extends northward beneath the Mediterra- 
nean's southern shore [Shata, 1982; Thorweihe, 1986]. 

The remaining boundaries of the Nubian Aquifer are similarly 
vague. For example, along most of its eastern margin, the Nubian 
Aquifer is bounded by an outcrop of basement between the Nile 
Valley and Red Sea. However, further north, where the outcrop 
disappears, there is evidence of a connection to a major aquifer 
in the Sinai peninsula [Sham, 1982; Issar, 1985]. To the south, 
water table contours suggest hydraulic continuity with the Blue 
Nile-Main Nile Basin [Hesse et al., 1987] as well as groundwater 
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inflow from northeastern Chad [Ambroggi, 1966; Edmunds and 
Wright, 1979]. Finally, in the west, there is evidence of a hy- 
draulic link between the Nubian Aquifer and the Sirte Basin in 
Libya [Edmunds and Wright, 1979]. Because detailed hydrologic 
information is scarce throughout the Eastern Sahara, the degree 
of the hydraulic interconnection between these neighboring sys- 
tems is difficult to assess. It is clear, however, that as the area of 

recognized hydraulic continuity expands, the likelihood of addi- 
tional links with neighboring basins increases as well. 

In summary, the distribution and flow of groundwater on 
Earth exhibits several characteristics that are of potential impor- 
tance in understanding the subsurface hydrology of Mars. First, 
given a global inventory of H20 that exceeds the pore volume of 
the cryosphere by as little as a few percent, groundwater is likely 
to be found virtually everywhere beneath the Martian surface. 
Second, as on Earth, it is likely that such groundwater will per- 
sist and circulate to depths far in excess of the 10 km self- 
compaction depth assumed in this study. Third, in the absence of 
atmospheric precipitation, the hydraulic boundaries of a ground- 
water system on Mars will be determined, not by the local to- 
pography or the presence of groundwater divides, but by the 
continuity of pore space beneath the water table. Fourth, given a 
km-scale permeability of the Martian crust no greater than that of 
the Earth (-10 -2 darcies), the extent of hydraulic continuity, and 
thus the potential areal extent of a Martian groundwater system, 
is essentially global. 

4. THE STABILITY AND REPLENISHMENT OF EQUATORIAL H20 

Theoretical considerations and various lines of morphologic 
evidence suggest that, in addition to the normal seasonal and 
climatic exchange of H20 that occurs between the Martian polar 
caps, atmosphere, and mid- to high-latitude regolith [e.g., 
kosky, 1985; Zent et al., 1986], large volumes of water have been 
introduced into the atmospheric leg of the planer's long-term 
hydrologic cycle by the sublimation of equatorial ground ice, im- 
pacts, catastrophic flooding, and volcanism. In this section both 
endpoints of the proposed cycle are discussed, beginning with the 
loss of water from crustal reservoirs at equatorial and temperate 
latitudes and concluding with its possible replenishment by sub- 
surface sources of H20. The intermediate steps of the proposed 
cycle, including polar deposition, basal melting, and pole-to- 
equator groundwater flow, are discussed at length in section 5. 

4.1. The Stability of Equatorial Ground Ice 

Although mean annual surface temperatures are below freez- 
ing everywhere on Mars, observations made by the Viking Or- 
biter Mars Atmospheric Water Detectors (MAWD) indicate a 
globally averaged frost point temperature of-198 K. Therefore, 
given the present latitudinal range of mean annual surface tem- 
peratures (-154-218 K), any subsurface reservoir of H20 is 
unstable with respect to the water vapor content of the atmos- 
phere at latitudes equatorward of +40 ø (Figure 3) [Farmer and 
Doms, 1979]. 

Despite this fact, there is a considerable body of morphologic 
evidence that suggests that both ground ice and groundwater 
have survived at some depth within the equatorial regolith 
throughout much of Martian geologic history. At latitudes pole- 
ward of 30 ø , this evidence is based on the identification of 

Martian analogs to cold-climate features found on Earth, such as 
debris flows, table mountains, and thermokarst. These features 

have been reviewed by a number of investigators [Carr and 

Schaber, 1977; Allen, 1979a; Rossbacher and Judson, 1981; 
Lucchitta, 1981, 1985; Squyres and Carr, 1986; Carr, 1986; 
Squyres, 1989; and others]; their common conclusion has been 
that of the possible mechanisms that might explain the presence 
of these features, those involving ground ice appear the most rea- 
sonable. Additional evidence (found at all latitudes) for the pres- 
ence of subsurface H20, is provided by the occurrence of rampart 
craters, whose distinctive lobate ejecta morphology is thought by 
many investigators to originate from the fluidization of ejecta 
material during an impact into a water- or ice-rich crust [Carr et 
al., 1977; Johansen, 1978; Allen, 1979b; Mouginis-Mark, 1979, 
1987; Blasius and Cutts, 1981; Kuzmin, 1983; Kuzrnin et al., 
1988; Costard, 1989; Barlow and Bradley, 1990]. Finally, the 
survival of a significant reservoir of subsurface water in the 
equatorial region is also supported by the presence of the outflow 
channels, whose episodic development appears to have spanned 
much of Martian geologic history [Carr, 1981; Baker, 1982; 
Tanaka, 1986]. 

The above evidence presents a problem, for it is difficult to 
account for both the initial origin and continued survival of H20 
in a region where the present mean annual surface temperature 
exceeds the frost point by more than 20 K. Indeed, under current 
climatic conditions, any subsurface H20 should experience a net 
annual depletion, resulting in its preferential transfer from the 
'•ot" equatorial region to the colder latitudes poleward of +400 
[Flasar and Goody, 1976; Toon et al., 1980; Clifford and Hillel, 
1983; Fanale et al., 1986]. 

Currently, the most widely accepted explanation for the exis- 
tence of a subsurface reservoir of equatorial H20 is that it is a 
relic, emplaced very early in Martian geologic history (> 3.5 b.y.) 
and under substantially different climatic conditions. This expla- 
nation is based in part on the work of Smoluchowski [ 1968], who 
showed that under certain restricted conditions of porosity, pore 
size, temperature, and depth of burial, the diffusion-limiting 
properties of a fine-grained regolith could preserve equatorial 
ground ice for billions of years. 

The stability of ground ice is governed by the rate at which 
H20 molecules can diffuse through the regolith and into the at- 
mosphere. This process is complicated by the fact that the col- 
lisional mean free path of an H20 molecule in the Martian 
atmosphere is -10 gm. When the ratio of the pore radius to the 
mean free path of the diffusing molecules is large (r/)• >10), 
bulk molecular diffusion is the dominant mode of transport (i.e., 
where diffusion occurs in response to the repeated collisions that 
happen with other molecules present in the soil pores). However, 
for very small pores (r/• < 0.1), collisions between the diffusing 
molecules and the pore walls greatly outnumber those that occur 
with other molecules, a process known as Knudsen diffusion. 
Because the frequency of pore wall collisions increases with de- 
creasing pore size, small pores can substantially reduce the effi- 
ciency of the transport process. For pores of intermediate size 
(0.1 < r/ )• <10), the contributions of both diffusive processes 
must be taken into account [Younquist, 1970; Clifford and Hillel, 
1983, 1986]. 

The effect of a 10 gm mean free path on the diffusion of H20 
through the regolith is clearly seen in Figure 12, where the ef- 

fective diffusion coefficient of water vapor Deft has been plotted 
as a function of pore size. Deftis given by 

DAB DKA 
Deft = (3) 

DKA + DAB 
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Fig. 12. The effective diffusion coefficient of water vapor in the Martian 
regolith plotted as a function of pore size [Clifford and Hillel, 1983]. 

where DAB and DKA are the bulk and Knudsen diffusion coeffi- 
cients respectively [Scott and Dullien, 1962; Rothfield, 1963]. 
After Wallace and Sagan [1979], the bulk diffusion coefficient of 
H20 through an atmosphere of CO 2 (in cm 2 s -1) is given by 

DAB = 0.1654 (T/273.15) 3/2 (1.013 x 106/p) (4) 
where T is the temperature and P is the total pressure (in dynes 
cm-2). However, as discussed by Clifford and Hillel [1986], the 
expression for calculating Dg A is dependent on the specific shape 
of the soil pores. For the simple case of a straight cylindrical pore 
of radius r, we have 

DKA = -- r 
3 ToM A 

1/2 

(5) 

where R is the universal gas constant and M A is the molecular 
weight of H20. Of course, most soils generally exhibit a broad 
spectrum of pore sizes. The impact of this characteristic on vapor 
transport is illustrated in Figure 13, where the differential and 
cumulative flux of H20 is plotted for three hypothetical pore size 
distributions. 

The survival of equatorial ground ice was considered in detail 
by both Clifford and Hillel [ 1983] and Fanale et al. [ 1986]. They 
found that, for reasonable values of porosity and pore size, the 
near-equatorial crust has probably been desiccated to a depth of 
300-500 m over the past 3.5 billion years. However, because the 
sublimation of H20 is sensitively dependent on temperature, the 
quantity of ice lost from the regolith is expected to decline with 
increasing latitude, falling to perhaps a few tens of meters at a 
latitude of 35 ø (Figure 14) [Clifford and Hillel, 1983; Fanale et 
al., 1986]. 

Of course, a variety of factors are likely to complicate this 
simple picture of equatorial desiccation. For example, if the ef- 
fective pore size of the regolith is larger than 10 gm, or if the 
regolith has a specific surface area -> 103 m 2 g-• (a condition that 
would give rise to a diffusive surface flux greater than any likely 
pore gas flux [Clifford and Hillel, 1983]), the actual depth of 
desiccation could well exceed the values calculated by Clifford 
and Hillel [1983] and Fanale et al. [1986]. Altematively, shal- 
lower depths of desiccation will result if the gound ice is replen- 
ished (section 4.5), the effective regolith pore size is less than 
1 gm, or if its porosity is less than the 50% value assumed in 
these two studies. Considerations that argue in favor of a spa- 
tially variable (and generally lower) porosity include: igneous re- 
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consolidation, dudcrust formation, and the self-compaction of the 
regolith with depth. Perhaps more importantly, variations in the 
local thermophysical properties of the surface (versus the glob- 
ally averaged values assumed in Figure 14) can affect mean an- 
nual temperatures, causing significant differences in both the 
geographic stability of ground ice and its predicted depth of 
desiccation [Paige, 1992; Mellon and Jakosky, 1993]. A final 
caveat regards the potential effect of quasi-periodic changes in 
Martian obliquity and orbital elements, the primary drivers of 
climate change. Recent studies suggest that the obliquity of Mars 
is chaotic and may vary from a minimum of 0 ø to a maximum of 
50 ø or higher [Bills, 1990; Touma and Wisdom, 1993; Laskar 
and Robutel, 1993]. Although these extremes exceed the 10.8 ø- 
38 ø obliquity range considered by Fanale et al. [1986], their 
short duration and limited effect on equatorial temperatures sug- 
gests that their potential impact on the loss of equatorial ground 
ice will be minimal. More pronounced effects are likely at the 
poles, where the increased insolation associated with high obliq- 
uities could have a considerable effect on the stability of the ice 
caps. (A more detailed discussion of the polar mass balance and 
high obliquities is contained in section 7.2.) 

By integrating the total pore volume between the Martian sur- 
face and the desiccation depths presented in Figure 14, Fanale et 
al. [ 1986] have estimated that over the course of geologic history 
as much as 2.7-5.6 x 106 km 3 of H20 (equivalent to a global 
ocean-20-40 m deep) may have been sublimed from the equa- 
torial regolith and cold-trapped at the poles. As seen in Table 6, 
however, the sublimation of equatorial ground ice is just one of 
several potential processes that may have episodically introduced 
large volumes of water into the atmosphere. 

4.2. Other Crustal Sources of Atmospheric Water 

Perhaps the clearest evidence that the crust has been a major 
source of atmospheric water are the outflow channels. The abrupt 
emergence of these features from regions of collapsed and dis- 
rupted terrain, suggests that they were formed by a massive and 
catastrophic release of groundwater [Sharp and Malin, 1975; 
Carr, 1979; Baker, 1982; Baker et al., 1992]. Channel ages, in- 
ferred from the density of superposed craters, indicate at least 
several episodes of flooding, the oldest dating back as far as the 
Late Hesparian (-3 billion years ago), while the youngest may 
have formed as recently as the Mid-to-Late Amazonian (i.e., 
within the last 1 billion years) [Tanaka, 1986; Tanaka and Scott, 
1986; Parker et al., 1989; Mouginis-Mark, 1990; Rotto and 
Tanaka, 1991; Baker et al., 1992]. Based on a conservative esti- 
mate of how much material was eroded to form the channels in 

Chryse Planitia (-5 x 106 km 3) and the maximum sediment load 
that the flood waters could have carried (-40% by volume), Carr 
[1987] has estimated a minimum cumulative channel discharge 
of 7.5 x 106 km 3 of H20 (equivalent to a global ocean -50 m 
deep). However, if the channels were formed by multiple epi- 
sodes of outbreak and erosion, then the flood waters may have 
been less turbulent and carried less sediment than generally as- 
sumed [Baker et al., 1992]. If so, the total volume of water re- 
quired to erode the channels may have been many times the 
estimate of Carr [ 1987]. Indeed, Baker et al. [1991 ] suggest that 
the total discharge may have been sufficient to flood the northern 
plains with as much as 6.5 x 107 km 3 of water (equal to a global 
layer 450 m deep). 

Impacts into the Martian crust are another potential source of 
atmospheric water [Carr, 1984]. Assuming a representative cry- 

TABLE 6. Cmstal Sources and Potential Contributed Volumes of Atmospheric Water 

Crustal Source Volume, km 3 Equivalent Layer, m H20 

Sublimation of ground ice [Fanale et al., 1986] 
Catastrophic floods [Carr, 1987; Baker et al., 1991] 
Volcanism [Greeley and Schneid, 1991 ] 
Impacts [this work] 

Excavation/volatization* 

Hydrothermal circulationS' 
Totals 

2.7-5.6 x 106 20-40 
0.75-6.5 x 107 50-450 

2.3 x 106 15 

1.5-3.0 x 107 100-200 
1.9 x 107 130 

0.47-1.2 x 108 km3 315-830 m 

*Calculation assumes a crustal inventory of 500-1000 m of water within the top 10 km of the crust and a global 
crater density equivalent to that found in the cratered highlands. 

•'Figure represents the potential quantity of water brought to the surface by impact-generated hydrothermal 
systems alone (section 4.4.3). 
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osphere thickness of 2.5 km, an ice content of 20%, and a trans- 
ient crater diameter given by equation (11) (see section 4.4.2), 
the volume of water excavated and/or volatilized by individual 
impacts will range from -34 km 3 for a crater 10 km in diameter 
to in excess of 2.8 x 105 km 3 for a major impact basin like Hellas 
(D -2000 km). Note that because craters with diameters -> 40 km 
have excavation depths that exceed the predicted 10 km self- 
compaction depth of the megaregolith, the volume of water exca- 
vated by large impacts depends on neither the state nor the depth 
of the subsurface reservoir of H20, but solely on the quantity of 
water stored per unit area in the crust. Therefore, given a global 
crater size-frequency distribution equivalent to that preserved in 
the cratered highlands [e.g., Barlow, 1990] and a crustal water 
inventory of 500-1000 m [Carr, 1987], we find that the cumu- 
lative volume of water injected into the atmosphere by impacts 
over geologic time is -1.5-3.0 x 107 km 3 (or roughly 100- 
200 m). However, this figure represents only the water that was 
physically excavated by the impacts. As discussed in sec- 
tion 4.4.3, the subsequent development of impact melt-driven 
hydrothermal systems could have brought as much as an addi- 
tional 130 m of water to the surface. This possibility is supported 
by both the evidence for hydrothermal activity associated with 
terrestrial impact craters and the observed association of many 
valley networks with the outside rims of craters throughout the 
Martian cratered highlands [Newsom, 1980; Brakenridge et al., 
1985]. 

Finally, as discussed by Greeley [1987] and Plescia and Crisp 
[1991], it is likely that volcanism also injected large volumes 
of water into the atmosphere. For example, Plescia and Crisp 
[1991] estimate that during the emplacement of the volcanic 
plains in southeastern Elysium (5 ø N, 195 ø W), lavas may have 
exsolved between 103-104 km 3 of H20, assuming a water content 
comparable to that of terrestrial mafic to ultramafic lavas (-1% 
by weight). Greeley [1987] has taken a more global perspective, 
calculating the total volume of juvenile water released from the 
planet's interior by estimating the extent and thickness of all vol- 
canic units visible on the planet's surface. However, Greeley's 
[ 1987] estimate of extrusive magma production has recently been 
revised downward by Greeley and Schneid [1991]. Substituting 
this revised figure for that in Greeley's [1987] original analysis 
suggests that volcanic processes have released a total of 2.3 x 
106 km 3 (-15 m) of H20 into the atmosphere. It should be noted, 
however, that in light of our inability to accurately assess both 
the extent of plutonic activity and the magnitude of ancient 
(-> 4 billion year old) v, olcanism, this estimate is likely a mini- 
mum. Note also that, unlike water derived from other crustal 

sources (which simply undergoes an exchange from one volatile 
reservoir to another), water released by volcanism represents an 
actual addition to the planet's outgassed inventory. However, 
once this water has been introduced into the atmosphere, its fate 
is governed by the same processes that affect water derived from 
any other crustal source, leading to a slow but inexorable transfer 
from equatorial and temperate latitudes to the poles [Clifford and 
Hillel, 1983; Fanale et al., 1986]. 

4.3. Evidence of Ground Ice Replenishment 

Under the climatic conditions that have apparently prevailed 

1986]. Yet, regardless of the actual process by which it may have 
occurred, consideration of the valley networks, outflow channels 
and the crustal mass balance of H20 argues strongly for some 
type of crustal resupply [Clifford, 1980b, 1984; Carr, 1984; 
Jakosky and Carr, 1985; Baker et al., 1991]. This conclusion is 
further supported by geomorphic evidence which suggests that, at 
least in some locations within the latitude band of +30 ø , ground 
ice has indeed been replenished. 

Consider first the consequences of a major impact at equa- 
torial latitudes. As noted by Allen [1979a] and Clifford and 
Johansen [1982], the production of a crater many tens of kilo- 
meters in diameter should result in the excavation of any ground 
ice that existed, prior to the impact, within the region interior to 
the crater walls (Figure 15). While backfilling and melting of 
nearby ground ice may partially replenish some of the H20 lost 
near the crater periphery, it appears unlikely that its lifetime 
would be very long given the high temperature and porosity of 
the post-impact environment. 

It is interesting to note, therefore, that within many large 
equatorial impact craters there exist clearly defined rampart cra- 
ters [Allen, 1979a; Clifford and Johansen, 1982]. If the morphol- 
ogy of this type of crater does indeed arise from an impact into an 
ice-rich crust, then the occurrence of rampart craters within the 
interiors of numerous older impacts presents a problem, for it is 
difficult to conceive of a scenario by which any ground ice that 
existed prior to the original cratering event could have survived 
to produce the well-defined fluidized ejecta pattern often seen as 
the result of a second and sometimes third consecutive and con- 

centric impact (Figure 16). 
There are at least two explanations that may account for these 

observations. First, contrary to popular belief, rampart craters 
may not be specific indicators of ground ice. Experiments by 
Schultz [1992] and Schultz and Gault [ 1979, 1984] have dem- 
onstrated that when an impact occurs in the presence of an 
atmosphere, the effects of drag and turbulence can modify the 
emplacement of ejecta, reproducing many of the features gen- 
erally associated with Martian rampart craters. This effect is 
clearly seen in the recent Magellan radar images of Venus, where 
craters with multilobate, fluidized ejecta morphologies are abun- 
dant despite the absence of water [Phillips et al., 1991 ]. 

Although laboratory impact experiments and the Magellan 
radar images both suggest that the presence of an atmosphere 
may play a role in rampart crater formation, they do not exclude 
the possibility that, on Mars, water and ice may have contributed 
to the process as well. Indeed, three lines of evidence lend cre- 
dence to the original proposal of a link between rampart craters 
and subsurface volatiles. The first is the observed latitudinal 

dependence of several Martian rampart crater ejecta morpholo- 
gies, which vary from an apparent high-viscosity single-rampart 
style at polar latitudes to a highly fluidized multilobate-style near 
the equator [Johansen, 1978; Mouginis-Mark, 1979; Saunders 

-2-3 km 

dry interior . ß ..... ... '-'.... '".....•....• 
on Mars throughout most of its history, the loss of equatorial 
ground ice appears irreversible; thus, once ice has sublimated, or Fig. 15. The probable ground ice distribution resulting from a major impact 
been removed by some other process (e.g., impact cratering), it is in the equatorial region of Mars. The production of a crater many tens of kilometers in diameter should result in the excavation of any ground ice 
difficult to see how the depleted crust could be replenished by which existed, within the region interior to the crater walls, prior to the im- 
any atmospheric means [Clifford and Hillel, 1983; Fanale et al., pact [Clifford andJohansen, 1982]. 
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Fig. 16. A rampart crater within two earlier and concentric impacts (20 ø S, 203 ø W) [Clifford and Johansen, 1982]. The oldest crater in the sequence 
(Hadley) is approximately 110 km in diameter, while the innermost crater (arrow) has a diameter of roughly 13 km. 

and Johansen, 1980; Blasius et al., 1981; Kuzmin et al., 1988; 

Costard, 1989; Barlow and Bradley, 1990]. Advocates of the 
ground ice hypothesis suggest that this latitudinal dependence is 
consistent with the pole-to-equator thinning of frozen ground 
predicted by thermal models of the crust (e.g., Figure 3). A sec- 
ond, but complementary, observation has been reported by 
Kuzmin et al. [1988], who have found that rampart crater onset 
diameters increase with decreasing latitude, a relationship that 
may reflect the greater depth of crustal desiccation expected from 
the instability of ground ice at these latitudes (e.g., Figure 14). 
The third and final line of evidence is the tentative identification 

of single-rampart ("pedestal") craters on Ganymede [Horner and 
Greeley, 1982], an observation that is difficult to reconcile with 
an atmospheric origin, but one that is fully compatible with an 
origin based on an impact into an ice-rich crust. 

If rampart crater ejecta morphology does indeed arise from an 
impact into a volatile-rich target, then perhaps the most reason- 
able explanation for the occurrence of rampart craters within the 
theoretically ice-free interiors of numerous older craters is that, 
at some time following the original loss of ground ice, it was re- 
plenished. Given our present understanding of Martian geology 
and climate history, it appears that such replenishment could 
have only occurred from sources of water residing deep within 
the crust. 

4.4. Processes of Replenishment 

It has been proposed that equatorial ground ice on Mars may 
be episodically or continuously replenished by water derived 

from a subpermafrost aquifer [Clifford, 1980a, 1984]. However, 
as illustrated in Figure 7, the vertical distance separating the 
groundwater table from the base of the cryosphere may in some 
regions be many kilometers; thus, for replenishment to occur, 
some process for the vertical transport of H20 between a deep- 
lying source region and the base of the cryosphere must exist. In 
this section, three possible mechanisms for this type of transport 
are considered. 

4.4.1. Thermal vapor diffusion. Although less dramatic and 
energetic than the other two processes discussed in this section, 
perhaps the most important mechanism for the vertical transport 
of H20 in the Martian crust has been the process of thermal 
vapor diffusion [Clifford, 1980a; 1983]. Clearly, given the exis- 
tence of a water-rich crust, the presence of a geothermal tempera- 
ture gradient will give rise to a corresponding vapor pressure 
gradient. As a result of this pressure difference, water vapor will 
diffuse from the higher temperature (high vapor pressure) depths 
to the colder (lower vapor pressure) near-surface regolith. 

It has been known for over 75 years that vapor transport in 
excess of that predicted by Fick's law will occur in a moist 
porous medium under the influence of a temperature gradient 
[Bouyoucos, 1915]. More recently, Philip and deVries [1957] and 
Cary [1963] have proposed two different but widely used models 
for calculating the magnitude of this type of thermally driven va- 
por transfer. The Philip and deVries [1957] approach is based on 
a mechanistic description of the transport process. They suggest 
that the exchange of water vapor in an unsaturated soil occurs 
between numerous small "islands" of liquid that exist at the con- 
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tact points of neighboring particles. The existence of a tempera- 
ture gradient causes water from the warmer liquid islands to 
evaporate, diffuse across the intervening pore space, and con- 
dense on the cooler liquid islands at the opposite end of the pore. 
In this fashion both moisture and latent heat are transferred 

through the soil. 
The Cary [1963] model of H20 transport differs from the 

Philip and deVries approach in that it makes no assumptions re- 
garding the actual mechanism of vapor transport but merely at- 
tempts to provide a phenomenological description of the process 
based on the thermodynamics of irreversible processes. Despite 
this difference, it has been shown that the final form of the flux 
equations for both models are identical [Taylor and Cary, 1964; 
Jury and Letey, 1979]. After Cary [1966], the thermally driven 
vapor flux is given by 

[3 Def t P820 Lv dT 
qv = - • (6) 

pry 2 T 3 dZ 

where Def f is the effective diffusion coefficient of H20 in CO 2, 
PH20 is the saturated vapor pressure of H20 at a temperature T, 
L,, is latent heat of vaporization (-- 2.3 x 10 6 J kg-l), R v is the gas 
constant for water vapor (-- 461.9 J kg -1 K-I), O is the density of 
liquid water, and [3 is an empirical dimensionless factor that has 
been found to have a mean value of 1.83 _+ 0.79 when measured 

over geologically reasonable ranges of temperature (276-314 K), 
porosity (0.3-0.5), saturation (0-100%), and soil type [Jury and 
Letey, 1979]. 

The physical basis for the vertical transport of water vapor in 
response to the geothermal gradient is perhaps best understood 
by considering first the equilibrium distribution of vapor in an 
isothermal crust. Under this condition, the vapor pressure of H20 
at any height z above the water table is given by the barometric 
relation 

PH20(Z) -- PH20(0) exp(-z/H) (7) 

where PH2o(0) is the saturated vapor pressure of water at z -- 0, 
and H is the water vapor scale-height (= kT/mH20 g _= 36 km, 
where T = 290 K and k is the Boltzmann constant). Thus, at a 
height of 1 km above the water table, the resulting hydrostatic 
reduction in vapor pressure is .--3% (Figure 17). However, over 
this same interval, a geothermal gradient of 15 K km -1 reduces 
the equilibrium saturated vapor pressure by 68%. Because the 
thermally induced gradient in saturated vapor pressure greatly 
exceeds the isothermal/gravitationally induced gradient, water 
vapor will diffuse upward in an effort to achieve an equilibrium 
barometric profile. However, as the rising vapor encounters the 
colder regions of the crust, the associated reduction in saturated 
vapor pressure forces some of the rising vapor to condense, 
ultimately draining back to the water table as a liquid. As a re- 
sult, the flux of vapor that leaves the groundwater table greatly 
exceeds that which finally reaches the freezing front at the base 
of the cryosphere. As shown by Jackson et al. [1965], once a 
closed system has been established (i.e., the pore volume of the 
cryosphere has been saturated with ice), a dynamic balance of 
opposing fluxes is achieved, creating a circulation system of ris- 
ing vapor and descending liquid condensate (Figure 18). 

In Figure 19, the vapor flux resulting from a geothermal 
gradient of 15 K km -l has been calculated from equation (6) and 
plotted as a function of crustal temperature for pore sizes of 1 
and 10 lam. Under these conditions, the flux of vapor (per unit 
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Fig. 17. The saturated vapor pressure of water PH20 (T) as a function of 
crustal temperature T compared with the barometric profile of vapor in an 
isothermal crust, PH20(z), where, for illustrative purposes, the temperature at 
the surface of the water table has an assumed value of 290 K. 

area) reaching the freezing front at the base of the cryosphere is 
-8.3 x 10-5-2.8 x 10 -4 m H20 yr -l. This flux is equivalent to 
the vertical transport of 1 km of water every 106-107 years, or 
roughly 102-103 km of water over the course of Martian geologic 
history. However, there is reason to believe that this thermally 
induced vapor flux was even greater in the past. Recall that 
models of the thermal history of Mars suggest that 4 billion years 
ago the planet's internal heat flow was -3-5 times larger than it 
is today [e.g., Davies and Arvidson, 1981, Schubert and Spohn, 
1990]. Since the flux rate predicted by equation (6) is directly 
proportional to the temperature gradient, this implies a similar 
increase in the volume of water cycled through the early crust. 
(Note: The flux rates reported here are -103 times greater than 
those previously published by Clifford [1983, 1984]. These ear- 

Fig. 18. An example of low-temperature hydrothermal circulation driven by 
the Martian geothermal gradient. 

vapor condensation 

upward vapor I I I ,$ returning liquid flux flux 
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270 1.33 Cintala [1992]. Their expression for the maximum diameter of 
• the transient cavity (i.e., before gravitational slumping of the 
• cavity walls) written as a function of projectile diameter D e is 
u.{ given by 

275 1.00 • 
1/3 

10gm .•. Dtc = 2.89 . r•ø.78 U g (9) 
280 '0.67 5 

m ¸ where 15/o and Pt are the projectile and target densities, U is the 
C9 impact velocity and g is the acceleration of gravity at the planet's 
.•' surface (all in SI units). In their analysis, Grieve and Cintala 

285 0.33 m ¸ [1992] assume a chondritic projectile density of 3.58 x 103 kg 
• m -3 and target density of 2.73 x 103 kg m -3. Adopting these 
• same values, and making the appropriate substitution for D e (= 2 
• (3rn•/4n15p) 1/3, where m?-- 2E•/U2), equation (9) can be rewritten 

290 0.00 to yield the relationship between transient crater diameter and 
1.0E-05 1.0E-04 1.0E-03 

UPWARD VAPOR FLUX, DOWNWARD LIQUID FLUX (m H20 yr -•) 

Fig. 19. Therma] vapor fluxes calculated from equation (6) for pore sizes of 
1 jzrn and 10 jzrn, and a geothermal gradient of 15 K km -1. Note that in a 
dosed system (such as that illustrated in Figure 18) the rising vapor flux at 
any level is countered by an equal and opposite downward flux of liquid 
condensate. 

projectile kinetic energy where 

Dtc 0.219 Ek 0'26 U '0'09 -0.22 = g (10) 

The corresponding final crater diameter Df can then be found 
through the empirical scaling relation of Croft [1985], which is 
given by 

lier calculations are incorrect, the result of a unit conversion 
error.) 

4.4.2. Seismic pumping. In light of the density of impact cra- 
ters preserved in the cratered highlands, perhaps the most obvi- 
ous mechanism for the vertical transport of H20 in the crust is 
seismic pumping. Shock waves generated by earthquakes, im- 
pacts, and explosive volcanic eruptions can produce a transient 
dilatation and compression of water-bearing formations that can 
force water to the surface through crustal fractures and pores. 
During the great Alaska earthquake of 1964, this process resulted 
in water and sediment ejection from shallow aquifers as far as 
400 km from the earthquake's epicenter, with some eruptions 
rising over 30 m into the air [Grantz et al., 1964; Waller, 1968]. 
In addition, seismically induced water level fluctuations were ob- 
served in over 700 wells worldwide, the most notable being a 
2.3-m variation recorded in an artesian well in Perry, Florida, 
located some 5500 km from the quake [Cooper et al., 1968; 
Gabert, 1968]. The Martian cratering record provides abundant 
evidence that Mars has witnessed numerous events of a similar, 

and often much greater, magnitude. 
After Bath [1966], the seismic energy E s. associated with 

an earthquake of magnitude M can be calculated from the 
Gutenberg-Richter relation, where 

1Oglo E s = 1.44 M + 5.24 (8) 

For the 8.4 magnitude 1964 Alaska earthquake, equation (8) 
yields a corresponding seismic energy of-2.2 x 10 ]7 J. However, 
according to Schultz and Gault [1975a,b], only about 10 -4 of a 
projectile's initial kinetic energy is converted into seismic energy 
upon impact. Thus, to match the seismic output of the Alaska 
earthquake, an impacting projectile must have an initial kinetic 
energy in excess of 102] J. 

The size of the crater produced by a projectile of kinetic en- 
ergy E k can be calculated from the crater volume-scaling relation- 
ship of Schmidt and Housen [1987], as revised by Grieve and 

Dtc _= Dcø'15-+ø'ø4 Df 0'85-+0'04 (11 ) 

where D c is the transition diameter between simple and complex 
crater morphology, which on Mars occurs at a diameter of ~6 km 
[Pike, 1980]. 

The foregoing analysis suggests that a projectile with a kine- 
tic energy of 2.2 x 1021 J will produce a final crater roughly 
33 km in diameter, assuming a characteristic Mars impact veloc- 
ity of 10 km s -• [Hartmann, 1977]. Therefore, if the crater size- 
frequency distribution preserved in the cratered highlands is 
representative of the cratering flux experienced over the entire 
planet (Table 7), then a minimum of-10,000 impact events with 
seismic energies greater than or equal to that of the 1964 Alaska 
earthquake have occurred throughout Martian geologic history. 
At the lower end of this size range, the forceful closure of water- 
filled fractures by impact generated shock waves may have re- 
sulted in surface eruptions of water and sediment at distances of 
up to several crater radii from the impact. However, at the high 
end, the seismic energies associated with the impacts that formed 
Hellas (-2000 km), Isidis (-1900 km), and Argyre (-1200 km), 
are as much as four to six orders of magnitude greater [O'Keefe 
and Ahrens, 1975; Gault et al., 1975]. Seismic energies this 
large may have been sufficient to disrupt subpermafrost aquifers 
and vent groundwater on a global scale. 

4.4.3. Hydrothermal convection. Given the widespread evi- 
dence of volcanism [Greeley and Spudis, 1981; Greeley and 
Schneid, 1991] and large impacts [Schultz et al., 1982] on Mars, 
hydrothermal activity has long been recognized as a potentially 
important process in the mineralogic and geomorphic evolution 
of the planer's surface [Allen, 1979b; Schultz and Glicken, 1979; 
Pieri, 1980; Newsom, 1980; Morris, 1980; Clifford, 1982]. For 
example, hydrothermal circulation has been discussed in connec- 
tion with the development of the small valleys found on the 
flanks of Alba Patera and five other major volcanoes [Gulick and 
Baker, 1990], while Allen [1979a], Hodges and Moore [1979], 
Schultz and Glicken [1979], Squyres et al. [1987] and Wilhelms 
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TABLE 7. Crater Statistics, Impact Energies, and Melt Volumes for the Crater-Size Frequency Distribution of the Martian Highlands 

Equivalent 
ama x, Ornea n, O to Ek, grn , V t (= N•½ * Vm), Global Melt 
km km km J N log R Ng km 3 km 3 Layer, m 

8.00 11.31 9.51 8.88 2.72E + 19 946 -1.55 15705 1.07E + 00 1.01E + 03 0.01 

11.31 16.00 13.45 11.92 8.44E + 19 777 -1.34 12735 3.31E + 00 2.57E + 00 0.02 

16.00 22.63 19.03 16.00 2.62E + 20 582 -1.16 9638 1.02E + 01 5.96E + 03 0.04 

22.63 32.00 26.91 21.48 8.14E + 20 499 -0.93 8184 3.16E + 01 1.58E + 04 0.11 

32.00 45.25 38.05 28.84 2.53E + 21 417 -0.71 6791 9.77E + 01 4.08E + 04 0.28 

45.25 64.00 53.82 38.73 7.84E + 21 227 -0.67 3723 3.02E + 02 6.86E + 04 0.47 

64.00 90.51 7 6.11 51.99 2.44E + 22 119 -0.65 1949 9.33E + 02 1.11E + 05 0.77 

90.51 128.00 107.63 69.80 7.56E + 22 51 -0.72 830 2.88E + 03 1.47E + 05 1.01 

128.00 181.02 152.22 93.72 2.35E + 23 14 -0.98 228 8.91E + 03 1.25E + 05 0.86 

181.02 256.00 215.27 125.82 7.29E + 23 11 -1.74 20 2.75E + 04 3.03E + 05 2.09 

256.00 362.04 304.44 168.93 2.26E + 24 8 -1.57 15 8.51E + 04 6.81E + 05 4.70 

362.04 512.00 430.54 226.79 7.03E + 24 9 -1.22 16 2.63E + 05 2.37E + 06 16.33 
512.00 724.08 608.87 304.49 2.18E + 25 4 -1.27 7 8.13E + 05 3.25E + 05 22.42 

724.08 1024.00 861.08 408.80 6.78E + 25 2 -1.27 4 2.51E + 06 5.02E + 06 34.65 

1024.00 1448.15 1217.75 548.84 2.10E + 26 2 -0.97 4 7.76E + 06 1.55E + 07 107.07 

1448.15 2048.00 1722.16 736.86 6.53E + 26 2 -0.67 4 2.40E + 07 4.80E + 07 330.89 

Global Totals 7.56E + 07 521.72 

Read 2.72E + 19 as 2.72 x 1019, for instance. 
The statistical data on the crater size-frequency distribution of the martian highlands is taken from Barlow [ 1990]. The data have been binned and analyzed 

using the relative (R plot) procedure recommended by the Crater Analysis Techniques Working Group [1978]. The R plot technique highlights any deviation 
from a power law distribution function by presenting the crater size-frequency data in differential form (where log R is plotted against log Dmean). R -- 
(Dmean)3N/A(Dmax - Drain) where N is the number of craters within the diameter range Drain to Dmax (Dmax = Drain •f•'), Dmean is the geometric mean diameter 
of the bin (-- ,/D .minDmax and A is the surface area over which the craters are counted (A = 8.8 x 106 km 2 for Dmax < 181 km and A = 8.0 x 107 km 2 for Dma x > 
181 km). Assuming that the differential crater size-frequency distribution preserved in the cratered highlands (i.e., R) is representative of the cratering flux 
experienced over the entire planet, the global number of impacts that have occurred within a particular size range can be calculated by setting A equal to the 
surface area of Mars (= 1.45 x 108 km 2) and solving for N (listed under Ng in the table). E k is the projectile kinetic energy, V m is the melt volume produced per 
impact, and V t is the total volume of impact melt produced by the impacts within a given bin size. 

and Baldwin [ 1989], have considered how volcanic eruptions and 
igneous sills may have interacted with ground ice to form the 
outflow channels and the small valleys that dissect the ancient 
heavily cratered terrain. 

An alternative mechanism for the origin of the small valleys 
invokes an impact-generated heat source. As discussed by New- 
som [1980], a major impact will result in the production of a 
large quantity of impact melt. The interaction of groundwater 
with such a long-lived (up to 104 years) heat source will result in 
the development of a large-scale hydrothermal circulation system 
centered on the impact. Cool water will enter the system from the 

by the vertical impact of a chondritic projectile (gravitationally 
scaled for Mars) is 

V m = 7.55 x 10 -7 Dtc TM (12) 
which, as before, assumes a characteristic impact velocity of 
10 km s -•. 

Given a global crater size-frequency distribution equivalent to 
that preserved in the cratered highlands (e.g., Barlow [1990] ), 
and melt volumes calculated from equation (12), the cumulative 
volume of impact melt generated over the course of Martian 
geologic history is readily estimated. The results of these calcu- 
lations, for craters in the 8-2048 km size-range, are summarized 

base of the aquifer, rise as its heated, and then flow radially in Table 7. They indicate that the cumulative flux of impacts on 
away as it reaches the top. Directly beneath the impact, the Mars has produced a volume of melt equivalent to a global layer 
groundwater may boil, carrying away heat through the convection over 0.5 km thick, more than 85% of which has been contributed 
of super-heated water and steam. Fractures around the impact by impacts with final diameters greater than 103 km. 
may then serve as conduits to the surface, allowing the steam and The total heat, AQmelt, released per unit area by the cooling of 
boiling water to discharge as hot-springs and geysers around the an impact melt sheet from an initial temperature T i to a final 
periphery of the crater. Such a scenario may well explain the as- temperature Tfcan be calculated from 
sociation of valley networks with the outside rims of large craters 
throughout the cratered highlands [Pieri, 1980; Schultz and' AQrnelt = pCp (T i - Tf) AZ (13) 
Glicken, 1979; Newsom, 1980; Clifford, 1982; Brakenridge et al., where pCp is the volumetric heat capacity of the melt, and Az is 
1985; Brakenridge, 1990]. its thickness. From this relationship, the quantity of heat repre- 

After Newsom [1980] and Brakenridge et al. [1985], the vol- sented by a 520-m thick global layer of impact melt (cooling 
ume of water that is vertically discharged by an impact-generated from an initial temperature of 1473 K to a final temperature of 
hydrothermal system can be estimated from the quantity of melt 473 K) is found to be -2.2 x 1012 J m -2. Of this energy, only a 
produced by the impact. However, because large discrepancies small fraction (-20%) will go into driving hydrothermal convec- 
exist between the observed and theoretically predicted melt vol- tion, the remainder will be lost to the surface by radiation and 
umes of many terrestrial impact craters, reliable estimates of im- conduction, and by heating much of the surrounding medium to a 
pact melt production have been difficult to make. To address this temperature that falls short of the boiling point [Onorato et al., 
problem Grieve and Cintala [1992] have recently presented a 1978; Newsom, 1980; Brakenridge et al., 1985]. 
revised scaling relationship that provides a better fit to the ob- Newsom [1980] and Brakenridge et a1.[1985] assume that any 
served data. Their expression for the volume of melt produced steam generated by the interaction of groundwater with the im- 
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pact melt must be superheated by at least 300 K to reach the sur- 
face. Thus, if the initial temperature of the groundwater is 273 K, 
the heat from the melt must provide enough energy to elevate the 
temperature a total of 400 K and drive a phase change from liq- 
uid to steam. Based on these assumptions, the mass of steam 
reaching the surface is given by 

0.2 AQmel t 
l•nstearn = (14) 

Cpw ATwater + Lv + Cps ATsteam 

where Ct, w and Ct, s are the heat capacities of water and steam; 
ATwate r and ATstearn are the corresponding temperature intervals 
over which each phase is heated; and L v is the latent heat of va- 
porization (adopted values for all variables are listed in Table 8). 
This model suggests that the total mass of water that was brought 
to the surface by impact-generated hydrothermal systems was 
equivalent to a global ocean -130 m deep. For several reasons, 
however, this is likely a conservative estimate. For example, the 
crater statistics of Barlow [1990] do not include any correction 
for erosion or obliteration; therefore, they likely underestimate 
the cumulative number of impacts the highlands have experi- 
enced. Nor do Barlow's [1990] statistics include any of the six 
"megabasins" (i.e., D> Hellas) that have recently been reported 
in the literature [Schultz et al., 1982; McGill, 1989; Schultz and 
Frey, 1990]. The omission of these basins reflects both the ten- 
tative nature of their identification, and the clear geometric and 
scaling difficulties associated with estimating the amount of im- 
pact melt produced by basins whose diameters approach or ex- 
ceed the radius of Mars. It appears likely, however, that their 
inclusion would increase both the estimated production of impact 
melt and the resulting cumulative flux of water by as much as an 
order of magnitude. 

Finally, no attempt has been made to quantify the contribution 
of igneous intrusions or volcanic eruptions to hydrothermal activ- 
ity. Although a large quantity of volcanic material has been ex- 
truded onto the Martian surface (estimated by Greeley and 
Schneid [1991] to be equivalent to a global layer -0.5 km thick), 
its eraplacement over the preexisting topography is not conducive 
to the hydrothermal convection of water from deep within the 
crust. However, around volcanic vents and igneous intrusions, 
the potential for the development of deeply circulating hy- 
drothermal systems is greatly increased. To date, the best quanti- 
tative analyses of the interaction of dikes, sills, and lava flows 
with ground ice are those of Squyres et al. [1987] and Gulick 
[1991 ]. Unfortunately, the lack of a reasonable basis for estimat- 
ing the number, extent, and eraplacement geometry, of deeply 
penetrating magma bodies on Mars precludes any global assess- 
ment of the quantity of water circulated by such activity. 

4.5. Transport Through the Cryosphere 

Although thermal vapor diffusion, seismic pumping, and hy- 
drothermal convection are all capable of transporting large vol- 

TABLE 8. Adopted Values for Hydrothermal Calculations 

Vahable Description Value 

p C•, volumetric heat capacity of melt 4.2 x 10 6 J m -3 K -1 
C• heat capacity of water 4188 J kg -1K -1 
Cps heat capacity of steam 2092 J kg -1K -1 

•STwater 373 K-273 K 100 K 
•5 Twater 673 K-373 K 300 K 

Lv latent heat of vaporization 2.3 x 106 J Kg -• 

umes of H20 between the local water table and the base of the 
cryosphere, it seems reasonable to expect that the subsequent 
freezing of this water will create a barrier that precludes any fur- 
ther rise of water beyond the base of the frozen crust. However, 
as discussed in section 4.4.1, the presence of a geothermal gradi- 
ent can have a profound influence on both the state and redistri- 
bution of crustal H20, a fact that is equally true whether the 
temperature is above or below the freezing point. Indeed, there 
are at least three different processes, involving all three phases of 
water, that will contribute to the thermally induced transport of 
H20 through the cryosphere. 

In the gas phase, the transport of H20 through unsaturated 
frozen ground occurs by the familiar process of thermal vapor 
diffusion where, as before, the presence of a temperature gradi- 
ent creates a corresponding vapor pressure gradient that drives 
the diffusion of vapor from the warmer depths to the colder near- 
surface crust. However, subfreezing temperatures affect this pro- 
cess in two important ways. First, because the vapor flux at any 
depth is proportional to the local saturated vapor pressure, the 
magnitude of vapor transport necessarily declines as the diffusing 
vapor rises higher in the frozen crust. Second, as a consequence 
of this decline in temperature and saturated vapor pressure, a 
portion of the ascending vapor flux will condense and freeze, 
preferentially blocking the smallest pores present in the pore 
system. This condensation can both substantially retard diffusion 
and choke off much of the pore network long before the larger 
pores are filled with ice. With time, however, these blockages 
succumb to the same thermal process that led to their formation. 
Thus, vapor will sublime from the ice plugs formed in the 
warmer, deeper regions of the cryosphere and redistribute itself 
(through a repeated process of condensation, sublimation, and 
diffusion) to the colder near-surface crust. In this way, the pro- 
cess of thermal vapor diffusion will continue until the cryosphere 
is ultimately saturated with ice. 

The possibility of liquid phase transport arises from the fact 
that both adsorbed water and water in small capillaries can sur- 
vive in frozen soil down to very low temperatures (see sec- 
tion 2.2). Under conditions where the unfrozen water content is 
high enough to provide thin film continuity, the presence of a 
temperature gradient creates a corresponding gradient in soil 
water potential A•, a quantity that reflects the difference in ef- 
fective pressure between the phases of ice and unfrozen water 
present in the soil. Under atmospheric conditions (i.e., in the ab- 
sence of a confining pressure), the magnitude of this pressure dif- 
ference can be calculated from a form of the Clausius-Clapeyron 
equation [Edlefsen and Anderson, 1943; Williams and Smith, 
1989], given by 

dp w L f 
dT T V 

w 

(15) 

where Pw is the pressure (or hydraulic head) of soil water, Lf is 
the latent heat of fusion (-- 3.35 x 105 J kg-l), and V w is the spe- 
cific volume of water (-- l/p) at the crustal temperature T. Equa- 
tion (15) indicates that the pressure difference between ice and 
water in the soil increases by -1.2 x 106 Pa K -l for crustal 
temperatures below 273 K. After Smith and Burn [1987] and 
Williams and Smith [1989], the liquid flow (per unit area) that 
occurs in response to this temperature-induced pressure dif- 
ference is given by 
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ql = 
k f g d•t dT 

(16) 
v dT dz 

where kf is the permeability of the frozen soil, g is the ac- 
celeration of gravity, v is the kinematic viscosity, and d•t/dT 
(=_ dPw/dT) is the temperature-dependent gradient in soil water 
potential. Assuming a geothermal gradient of 15 K km -1, a value 
of d•/dT-- 1.2 x 10 6 Pa K -1 (from equation (15)), and a frozen 
permeability of-2 x 10 -7 darcies (a value appropriate to a silty 
clay soil at a temperature just below freezing [Smith, 1985; 
Williams and Smith, 1989]), the resulting vertical flux of liquid 
water through the base of the cryosphere is found to be -4.3 x 
10 -5 m yr -•, or roughly 0.4 km every 107 years. It should be cau- 
tioned, however, that this flux is highly sensitive to both the local 
lithology and effective confining pressure of the crust; therefore, 
because these conditions are so poorly constrained at the base of 
the cryosphere, this estimate has an inherent uncertainty of as 
much as two orders of magnitude. Note also, that because the 
permeability of frozen soil declines with decreasing temperature, 
the magnitude of liquid transport will necessarily decline as the 
water reaches the colder and shallower regions of the crust. 

Finally, in addition to the movement of H20 vapor and liquid 
through the cryosphere, transport in the solid phase can occur by 
the process of thermal regelation; where, as before, the direction 
of transfer is from warm to cold [Miller et al., 1975; Miller, 
1980]. As discussed by Williams and Smith [1989], the process of 
regelation involves the movement of both ice and unfrozen water 
through a saturated (or nearly saturated) frozen soil. Fundamen- 
tal to this process is the thermodynamic relationship between 
freezing point depression and the effective pressure difference 
between the ice and water phases present in the pores. As the 
geothermal gradient drives the flow of water through the unfro- 
zen films that permeate the cryosphere, the entry of liquid water 
at the warm end of the pores causes a local increase in water 
pressure that decreases the effective pressure difference between 
the ice and water phases. This reduction in effective pressure in- 
creases the local freezing point by an amount sufficient to cause a 
small quantity of water to freeze at the warm end of the pore. 
The addition of this ice also increases the effective pressure at 
the pore's cold end, where it lowers the local freezing point. 
Water released by the subsequent melting of ice from the cold 
end of the pore then becomes part of the thin-film flow that en- 
ters the colder ice-filled pores located higher in the crust, follow- 
ing which the whole process is repeated again. 

Note that because each of the three thermal processes dis- 
cussed here operate by driving the movement of water from 
warmer to colder regions of the crust, the transport of H20 
through the cryosphere is necessarily a one-way street. That is, 
if one attempts to introduce water into the cryosphere via the 
atmosphere, the maximum depth of penetration is necessarily 
limited to the maximum depth at which surface temperature var- 
iations are sufficient to overwhelm the influence of the local geo- 
thermal gradient. For the surface temperature variations expected 
at equatorial latitudes from the periodic changes in Martian 
obliquity and orbital elements [e.g., Toon et al., 1980; Fanale et 
al., 1986], this depth is not likely to exceed more than ten me- 
ters. 

In contrast, when water is supplied to the cryosphere from 
below, the processes of thermal vapor diffusion, thermal liquid 
transport, and regelation, will permit its eventual redistribution 
throughout the frozen crust. This fact has a number of important 
consequences. For example, should an ice-rich region be buried 

by lavas, sediments, or some other type of deposit, the resulting 
increase in insulation provided by the depositional layer will 
cause local crustal temperatures to rise, permitting the buried 
ground ice to be thermally redistributed into the overlying man- 
tle. 

The ability of H20 to thermally migrate through the cryos- 
phere also has implications for the sublimation of equatorial 
ground ice. As the sublimation front propagates deeper into the 
crust (e.g., Figure 14), it may ultimately reach a depth where the 
diffusive loss of ground ice is exactly balanced by the upward 
thermal migration of H20 through the cryosphere, a condition 
that could significantly limit the depth of equatorial desiccation 
predicted by current models [Clifford and Hillel, 1983; Fanale et 
al., 1986]. Unfortunately, the processes governing the transport 
of H20, both to and from the sublimation front, are sufficiently 
complex that calculating a specific depth at which this equilib- 
rium condition is reached is virtually impossible without a more 
detailed knowledge of a number of crustal parameters (e.g., li- 
thology, porosity, pore size, specific surface area, heat flow, and 
salt content). 

In summary, various lines of evidence suggest that, over the 
course of Martian geologic history, at least four processes have 
introduced substantial amounts of water into the atmosphere, 
these include: the sublimation of equatorial ground ice, cata- 
strophic floods, impacts, and volcanism. Under the climatic con- 
ditions that have apparently prevailed on Mars throughout its 
history, the atmospheric loss of this H20 from equatorial and 
temperate latitudes appears irreversible. However, if Mars is 
water-rich, then these depleted crustal reservoirs may have been 
replenished by sources of groundwater residing deep within the 
crust. At least three processes (thermal vapor diffusion, seismic 
pumping, and hydrothermal convection) appear viable for driving 
the vertical transport of H20 from the local water table to 
the base of the cryosphere. While the calculations presented in 
section 4.4 indicate that all three processes are potentially impor- 
tant, the flux arising from thermal vapor diffusion alone is suffi- 
cient to supply the equivalent of-1 km of water to the base of 
the cryosphere every 106-107 years. Thermal vapor diffusion, 
aided by thermal liquid transport and regelation, may then redis- 
tribute this H20 throughout much of the frozen crust. Note that 
these thermal processes will occur on a global basis, wherever 
there exists a crustal temperature gradient, a subsurface reservoir 
of H20, and the continuity of pore space between the source re- 
gion and the near-surface crust. In this way, ground ice that was 
removed by impacts or sublimation to the atmosphere may have 
been replenished on a global scale (e.g., Figure 20), without the 
need to invoke exotic scenarios of climate change. 

interior 
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Fig. 20. A geothermal gradient as small as 15 K km -I could supply the 
equivalent of 1 km of water to the freezing front at the base of the cryosphere 
every 106-107 years, a process that may explain how the interiors of equa- 
torial craters were recharged with ground ice. 
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5. POLAR DEPOSITION, BASAL MELTING, AND THE 
PHYSICAL REQUIREMENTS FOR POLE-TO-EQUATOR 

GROUNDWATER FLOW 

With mean annual temperatures that are -40 K below the at- 
mospheric frost point of water vapor, the Martian polar regions 
represent the dominant thermodynamic sink for H20 on the 
planet. As a result, any water that is introduced into the atmos- 
phere, above its normal saturation level, is eventually cold- 
trapped at the poles. Pollack et al. [1979] have suggested that 
this process of polar deposition is intimately tied to the fate of 
atmospheric dust and the formation of the seasonal polar caps. 
They propose that airborne dust particles, raised by local and 
global dust storms, may serve as nucleation centers for the con- 
densation of water ice. As either hemisphere enters the fall sea- 
son, the suspended dust particles receive an additional coating of 
CO 2 that makes them heavy enough to precipitate from the at- 
mosphere, contributing to the formation of the seasonal caps. In 
the spring the CO 2 sublimes away; however, at high latitudes it 
leaves behind a residual deposit of H20 ice and dust that adds to 
the perennial caps [Cutts, 1973; Pollack et al., 1979]. Insolation 
changes due to axial precession and periodic variations in obliq- 
uity and orbital eccentricity [e.g., Ward, 1974, 1979; Bills, 1990] 
may alter the erostonal and deposittonal balance at the poles, as 
well as the mixing ratio of ice to dust in the annual deposittonal 
layer [Murray et al., 1973; Toon et al., 1980; Cutts and Lewis, 
1982]. Such a scenario may well explain the origin of the numer- 
ous horizontal layers that comprise the stratigraphy of both polar 
caps [Murray et al., 1972; Soderblom et al., 1973; Squyres, 
1979b; Howard et al., 1982]. 

In this section, the effect of polar deposition on the thermal 
evolution of the cryosphere and polar caps is considered. Given 
an initially ice-saturated condition, the deposition of ice and dust 
at polar latitudes will result in a situation where the equilibrium 
depth to the melting isotherm has been exceeded, melting ice at 
the base of the cryosphere until thermodynamic equilibrium is 
once again established. The drainage of the resulting meltwater 
into the underlying global aquifer will then cause the local water 
table to rise in response, creating a gradient in hydraulic head 
that will drive the flow of groundwater away from the poles. In 
the discussion which follows, the process of basal melting, the 
rise of the polar water table, and the physical requirements for 
pole-to-equator groundwater flow are analyzed in detail. 

5.1. Polar Basal Melting 

In studies of terrestrial glaciers, the term "basal melting" is 
used to describe any situation where the local geothermal heat 
flux, as well as any frictional heat produced by glacial sliding, is 
sufficient to raise the temperature at the base of an ice sheet to 
its melting point. In this regard, the process is always discussed 
with reference to the interface between an ice sheet and the bed 

on which it rests. However, as discussed by Clifford [1980b, 
1987b] and as illustrated in Figure 21, it appears appropriate to 
broaden the use of this term as it applies to Mars. 

Figure 21a is an idealized cross section of the Martian polar 
crust prior to the deposition of any dust or ice. Given a cryos- 
phere that is initially saturated with ice, the deposition of any 
material at the surface will result in a situation where the equi- 
librium depth to the melting isotherm has been exceeded (Fig- 
ure 2lb). In response to this added layer of insulation, the 
position of the melting isotherm will rise in the crust until ther- 
mal equilibrium is once again established. Thus, while melting 

will not occur at the actual base of the polar deposits, it will oc- 
cur at the base of the cryosphere in response to any increase in 
polar deposit thickness. Should deposition persist, the polar de- 
posits may eventually reach the thickness necessary for melting 
to occur at their physical base (Figure 21c) [Clifford, 1980b, 
1987b]. Under such conditions, the deposits may then reach a 
state of equilibrium, whereby the deposition of any additional ice 
at the surface is offset by the melting of an equivalent layer at the 
base of the cap. Since this last stage is merely the endpoint in the 
evolution of a single continuous process, the use of the term 
"basal melting" is broadened here to include any situation where 
pore or glacial ice is melted as the result of a rise in the position 
of the melting isotherm, regardless of whether such melting oc- 

a 

• melting isotherm I unsaturated zone ' 
ß ' _ 

b 
• of depøsitiøn 

dust 

basal melting initiated 

•.5 2%'.':?.'• :•//, :'•'.•k'/• :•?-;,'•.-; :C.'•'•":: 

c deposition of dust + 

Fig. 21. An idealized cross section of the polar crust illustrating the possible 
time evolution of basal melting [Clifford, 1987b]. The sequence depicts (a) a 
time prior to the deposition of any dust and ice, (b) the onset of deposition 
and basal melting, and (c) melting at the actual base of the deposits. 
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curs at the actual base of the deposits or at the base of the cryos- 
phere within the underlying terrain. 

As with the cryosphere calculations discussed in section 2.2, 
the polar deposit thickness required for basal melting can be cal- 
culated by solving the one-dimensional steady state heat conduc- 
tion equation. After Weertman [1961] and Clifford [1987b], this 
thickness is given by 

= (17) 

Qg + Qf 

where •c is the effective thermal conductivity of the polar depos- 
its, Trn p is the melting temperature of the ice, Tins is the mean 
polar surface temperature, Qg is the geothermal heat flux, and Qf 
is the frictional heat due to glacial sliding. With the exception of 
the frictional heat term, all of these variables are discussed at 
length in section 2.2. However, because of differences in the de- 
gree of homogeneity, particle size, and ice content, the thermal 
conductivity of the polar deposits is likely to differ from that 
which characterizes the regolith or crust as a whole. For this 
reason, both the thermal conductivity of the polar ice and the 
potential role of glacial sliding are discussed here in greater 
detail. 

The thermal conductivity of the Martian polar deposits is de- 
termined by such factors as the volumetric mixing ratios of ice 
and dust, their spatial variability, temperature-dependent thermal 
properties, and the presence of other contaminants, such as salts. 
While a comprehensive analysis of these factors is beyond the 
scope of this paper, a reasonable range of values can be inferred 
from the available data. For example, the light-scattering proper- 
ties of the dust suspended in the Martian atmosphere indicate 
grain diameters in the range of 0.2-2.5 gm [Pang et al., 1976; 
Pollack et al., 1979; Chylek and Grams, 1978]. If this size range 
is representative of the dust entrained in the polar ice, then the 
thermal properties of the polar deposits should be closely ap- 
proximated by laboratory mixtures of ice and clay. 

In Figure 22 the thermal conductivities of various clay-ice 
mixtures are plotted as a function of their volumetric ice content. 
Additional information about these mixtures is presented under 
the "frozen soil" heading of Table 2. Note that roughly half the 

mixtures have thermal conductivities comparable to that of ice 
(i.e., >2.25 W m -l K-l), while the rest have values as much as 
60% lower. Since the conductivities of most clay minerals equal 
or exceed that of ice [Clark, 1966; Horai and Simmons, 1969], it 
is difficult to explain how any mixture of these two components 
could have a lower value. As discussed in section 2.2.1, this dis- 
crepancy may be explained by the presence of low-conductivity 
adsorbed water on high specific area clay. 

In Table 9, basal melting thicknesses have been calculated 
based on a mean polar surface temperature of 154 K, thermal 
conductivities of 1.0-3.0 W m -l K -l, and melting temperatures 
of 252 and 273 K. In addition, to assess the potential for basal 
melting at earlier epochs, calculations have also been carried out 
for heat flows of 90 and 150 mW m -2 [e.g., ToksOz and Hsui, 
1978; Davies and Arvidson, 1981; Schubert and Spohn, 1990]. 
For these calculations, no pressure-induced freezing point de- 
pression or frictional heat input due to glacial sliding was as- 
sumed. 

Based on an analysis of Mariner 9 radio occultation data, 
Dzursin and Blasius [1975] have determined that the Martian 
polar caps reach a maximum thickness of 4-6 km in the northern 
hemisphere and 1-2 km in the southern. Therefore, only in the 
north does the total thickness of the cap overlap the potential 

range of present-day (i.e., Qg -- 30 mW m -2) basal melting thick- 
nesses listed in Table 9. In the south, the deposits appear suffi- 
ciently thin that any melting is likely to be relegated to a depth 
that lies well below the regolith-polar cap interface. Of course, 
given the higher geothermal heat flow that likely characterized 
the planet's early history, the conditions for basal melting (at 
both poles) were almost certainly more favorable in the past. 
However, even under current conditions, given an initially ice- 
saturated regolith, melting at the base of the cryosphere (Fig- 
ure 21 b) appears to be an inevitable consequence of polar depo- 
sition. 

For basal ice at the melting point, the thickness of the layer Az 

that can be melted per unit area by a geothermal heat flux Qg is 
given by 

Qg 
Az = At (18) 

pLf 
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Fig. 22. The thermal conductivities of various terrestrial clay-ice mixtures 
plotted as a function of their ice content [Clifford, 1987b]. Additional infor- 
marion is presented in Table 2. 

where Lfis the latent heat of fusion and At is the elapsed time. 
Thus, a geothermal heat flux of 30 mW m -2 has the potential for 
melting as much as 3 x 10 -3 m of ice from beneath the polar caps 

TABLE 9. Calculated Basal Melting Thicknesses 

Geothermal 

Heat Flux, 
mW m -2 

Polar Deposit 
Thermal Conductivity 

Wm-I k-1 
Thickness, km 

252 K 273 K 

30 

90 

150 

1.0 3.27 3.97 

2.0 6.53 7.93 

3.0 9.80 11.90 

1.0 1.09 1.32 
2.0 2.18 2.64 

3.0 3.27 3.97 

1.0 0.65 0.79 

2.0 1.31 1.59 

3.0 1.96 2.38 

These results assume a mean polar surface temperature of 154 K. 
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each year. Of course, if glacial sliding should occur, the resulting 
frictional heat could both substantially reduce the required thick- 
ness for basal melting and increase the production of meltwater. 

For a given basal sliding velocity V b the frictional heat flux Qf 
can be calculated from 

Qf = VbZb 
dh 

= VbPigh• 
dx 

(19) 

where •, is the basal shear stress, Pi is the density of the polar ice 
(including any component of entrained dust), g is the acceleration 
of gravity, h is the local thickness of the cap, and dh/dx is the lo- 
cal slope at the polar cap's surface [Weertman, 1961; Clifford, 
1987b]. As seen in Figure 23, a sliding velocity of 10 m yr -1, 
driven by a basal shear stress of 100 kPa (a value typical of ter- 
restrial glaciers and ice sheets [Paterson, 1981 ]), generates suf- 
ficient heat (-30 mW m -2) to halve the thicknesses necessary for 
basal melting during the present epoch. 

Possible evidence of past basal melting has been discussed by 
several investigators. For example, Carr et al. [1980], Howard 
[ 1981 ], and Kargel and Strom [ 1992] have noted the resemblance 
of the braided ridges of the Dorsa Argentea region (78 ø S, 40 ø W, 
Figure 24) to terrestrial eskers, landforms created by the deposi- 
tion of fluvial sediments beneath glaciers and ice sheets that have 
undergone basal melting. In addition, Clifford [1987b] has cited 
the geomorphic similarities between the major polar reentrant 
Chasma Boreale (85 ø N, 0 ø W) and the outflow channel Ravi 
Vallis (1 ø S, 43 ø W), suggesting that Chasma Boreale, and simi- 
lar features found elsewhere in the polar regions, may have 
formed as the result of a j6kulhlaup, the catastrophic drainage of 
a large subglacial reservoir of basal meltwater. A terrestrial ex- 
ample of this process is the recurrent catastrophic drainage of 
Grimsv6tn, a large subglacial lake in the center of the Vatna- 
j6kull ice cap in Iceland [Nye, 1976]. 

Given the presence of a subpermafrost aquifer and geologi- 
cally reasonable values of crustal permeability, the deep infiltra- 
tion of basal meltwater will result in the rise of the local water 

table in the form of a groundwater mound (Figure 21c). The 

• [ /150 kPa/_ _ 
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Fig. 23. The frictional heat produced by basal sliding under an applied basal 
shear stress of 50, 100, and 150 kPa [Clifford, 1987b]. 

gradient in hydraulic head created by the presence of the mound 
will then drive the flow of groundwater away from the poles. The 
two principle factors that will govern the magnitude of this transø 
port are the size of the groundwater mound and the effective 
permeability of the crust. In the following discussion, the relative 
importance of these factors is assessed through the use of well 
established terrestrial hydrogeologic models. 

5.2. Growth of a Polar Groundwater Mound 

The development of a groundwater mound in response to 
polar basal melting is analogous to a problem frequently studied 
on Earth: the artificial recharge of an aquifer beneath a circular 
spreading basin [Hantush, 1967; Marino, 1975; Schmidtke et al., 
1982]. To obtain an analytical expression for the growth of a 
groundwater mound beneath a recharging source, a number of 
simplifying assumptions must be made, i.e., (1) the aquifer is 
homogeneous, isotropic, infinite in areal extent, and rests upon 
an impermeable horizontal base; (2) the hydraulic properties of 
the aquifer are invariant in both space and time; and (3) the con- 
stant downward percolation of water proceeds at a rate which is 
sufficiently small (compared to the aquifer permeability) that the 
influx is almost completely refracted in the direction of the local 
slope of the water table when it reaches the mound [Hantush, 
1967; Marino, 1975; Schmidtke et al., 1982]. 

After Hantush [1967], the governing equation for the devel- 
opment of a groundwater mound beneath a circular recharging 
source is 

32Z 1 •Z 2 w ¾ œ ¾ •Z 
+ + 

•r 2 r •r k g •'k g •t 
(20) 

where Z = h2-hi 2, h is the height of the water table above the 
base of the aquifer after an elapsed time t, h i is the initial satu- 
rated thickness of the aquifer, h is a constant of linearization 
(= 0.5(h + hi) ) which represents the weighted mean depth of 
saturation [Hantush, 1964], r is the radial distance from the 
center of the mound, w is the recharge rate per unit area, k is the 
aquifer permeability, g is the acceleration of gravity, ¾ is the 
kinematic viscosity, and œ is the effective porosity. 

The boundary and initial conditions that apply to equa- 
tion (20) are 

Z(r, O) -- 0 

•Z(O, t)/•r-- 0 

w--w (O<r<a) 

--0 (r>a) 

Z(oo, t) = 0 

These conditions correspond to four basic assumptions: (1) the 
water table is initially horizontal, (2) the groundwater mound is 
symmetric about its vertical axis, (3) the recharge is limited to a 
circular region of radius a, and (4) the effect of the recharge on 
the shape of the water table is negligible at large radial distances 
[Hantush, 1967; Marino, 1975' Schrnidtke et al., 1982]. 

After Hahtush [1967], equation (20) can be solved using La- 
place and zero-ordered Hankel transforms to obtain the following 
expression for the maximum height h m of the water table 
(evaluated at r -- 0) at any time t 
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Fig. 24. Braided ridges, in the Dorsa Argentea region (77øS, 44øW), that have been interpreted as possible analogs of terrestrial eskers (Viking Orbiter frame 
421B14). 

1 - e-Uo I hm 2- h/ = Qr¾ W(tto) + (21) 
2nkg u o 

where the recharge volume Qr-- lrzl2 w, u o -- a2ve/4 kgh t, and 
where W(u o) is the well function for a nonleaky aquifer given by 

-u o 

W(u o) = 
o gl o 

du o 

= -0.5772 - logeUo + (-1) l+n Uo n 
n-n! 

i=l 

(22) 

Note that the solution given by equation (21) is valid for ground- 
water mound heights (bin-hi) up to 50% of the initial depth of 
saturation (hi) [Hahtush, 1967]. 

Development times for groundwater mounds from 100 m to 
2500 m in height are presented in Table 10 and Figure 25. These 
times were calculated for four recharge volumes, ranging in size 
from 0.01-2.2 km 3 H20 yr -1, and are based on hydraulic prop- 
erties that might reasonably characterize the Martian crust. The 
calculations assume saturated aquifer thicknesses of 1 km and 
5 km, an effective porosity of 0.1, and a permeability of 1 darcy. 
For comparison purposes, a second set of development times 
were calculated for a recharge volume of 0.01 km 3 H20 yr -1 and 

TABLE 10. Groundwater Mound Heights as a Function of Time 

Initial Aquifer 
Thickness 

h i, m 

Groundwater Mound 

Height 
h m - h i, m 

Time t, years 

O -- 2.2 km 3 yr -1 O -- 1 km 3 yr-• O -- 0.1 km 3 yr-• O -- 0.01 km 3 yr-• 

k = 1 darcy k = 10 mdarcies 

1000 

50OO 

100 3.54E3 7.84E3 9.95E4 1.47E9 7.85E5 

200 7.08E3 1.57E4 3.75E5 -- 1.57E6 

300 1.06E4 2.38E4 1.31E6 -- 2.38E6 

400 1.42E4 3.25E4 4.78E6 -- 3.25E6 

500 1.78E4 4.22E4 1.91E7 -- 4.22E6 

100 3.54E3 8.18E3 1.46E6 -- 8.18E5 

500 2.39E4 1.23E5 • • 1.23E7 
1000 1.00E5 2.08E6 • • 2.08E8 

2500 8.33E6 .... 

Unless otherwise noted, development times are based on an effective porosity of 0.1 and a crustal permeability of 1 darcy (=10-12m2). Read 3.54E3 as 
3.54 x 103, for instance. No entry indicates a development time greater than the age of the solar system. 
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Fig. 25. Groundwater mound development times for recharge volumes between 0.01 and 2.2 km 3 H20 yr -I and aquifer thicknesses of (a) 1000 m and 
(b) 5000 m. Unless otherwise noted, the calculations assume a crustal permeability of 1 darcy and a basal melting radius equal to that of the permanent north 
polar cap (a = 5 x l0 s m). 

a permeability of 10 -2 darcies. In all cases, the radius of the basal 
melting area was taken to be equal to that of the permanent north 
polar cap (a = 5 x 105 m). 

For an aquifer with an initial saturated thickness of 1 km and 
a recharge volume of 2.2 km 3 H20 yr -l (equal to the maximum 
volume of ice that could be melted per year from beneath the 
north polar cap by a geothermal heat flux of 30 mW m-2), the re- 
sults summarized in Table 10 indicate that a groundwater mound 
will grow to a height of 100 m in less than 4 x 103 years_and 
reach a height of 500 m in a little over 104 years. Although these 
growth times lengthen considerably as the initial saturated thick- 
ness of the aquifer is increased, even in a 5-krn-thick aquifer, a 
groundwater mound 2500 m high will develop in less than 107 
years [Figure 25b]. 

Groundwater mound development times also lengthen if the 
recharge volume is reduced. For example, cutting the recharge 
volume from 2.2 km 3 to 0.01 km 3 H20 yr -1 increases the growth 
time for a 100 m mound in a 1-km-thick aquifer to over 109 
years. In contrast, a reduction in crustal permeability shortens 
development times. This is illustrated by reducing the permeabil- 
ity in the preceding example from 1 to 10- 2 darcies, thereby 
shortening the development time for a 100 m mound to less than 
106 years. 

The difference in development time that results from a change 
in aquifer thickness, permeability, or recharge volume, simply 
reflects a change in the relative mass balance of water between 
vertical recharge Qr, storage (i.e., the volume of water contained 
in the mound), and radial discharge Qd, which is given by 
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Qa-- 2re ah v (23) 

where h is the saturated thickness of the aquifer at r = a, and v is 
the specific discharge (the discharge per unit area) given by 
Darcy's law 

kg •)h 
v = - (24) 

v •)r 

Of course, when the radial discharge of the mound finally bal- 
ances the vertical recharge, a steady state condition is reached. 
The permeability requirements necessary to support such steady 
state flow are discussed in the following section. 

5.3. The Effect of Crustal Permeability on Pole-to-Equator 
Groundwater Flow 

Given the presence of a global interconnected groundwater 
system on Mars, the development of a groundwater mound in 
response to polar basal melting will create a gradient in hydraulic 
head that will drive the flow of groundwater away from the pole. 
The effect of crustal permeability on the magnitude of this flow 
can be readily assessed on the basis of established models of 
unconfined and confined steady state well flow. In this analysis, 
the well radius, a, is equivalent to the radius of the recharge (or 
basal melting) area discussed in the previous analysis; while, as 
before, the groundwater mound height is taken to be the dif- 
ference between the maximum and minimum hydraulic heads 
(hm-hi). The distance R to the region of lowest hydraulic head 
represents the separation between the regions of net vertical 
recharge (the poles) and discharge (the equator), and is taken 
here to be of the order of the planetary radius of Mars. These 
relationships are illustrated in Figures 26 and 27. 

The governing equation and appropriate boundary conditions 
for steady unconfined well flow are [after Todd, 1959] 

3r 3r 
(25) 

h 2 -- hi 2 (r = R) 
Qr = 2rcr hv (i.e., Qr-- Qd) 

where as before, v is the specific discharge (the discharge per 
unit area) given by equation (24). Solving equation (25) in light 
of the above boundary conditions, we obtain 

Q 
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Fig. 26. A schematic diagram of unconfmed steady state well flow. 
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Fig. 27. A schematic diagram of confined steady state well flow. 

h2 = hi 2 + Qr V In(R/r) (26) 
rck g 

Evaluated at r -- a, equation (26) yields an expression for the 
maximum hydraulic head which can then be solved for k to find 
the permeability necessary to sustain unconfined steady state 
flow 

QrV = In (R / a ) (27) 2 2 

rcg(h m - hi) 

Of course, the possibility exists that, in an initially unconfined 
aquifer, a polar groundwater mound could grow to the point of 
contact with the base of the caps; in this event, the aquifer will 
undergo a transition between confined conditions at the poles to 
unconfined conditions closer to the equator. It is also possible 
that the polar aquifer has been confined from the very outset of 
basal melting (i.e., see Figure 7). Given either case, the solution 
presented in equation (27) is no longer valid. 

The possibility of confined flow can be analyzed by solving 
the steady confined well equation, which, after Todd [1959], is 
given by 

r-- = 0 (28) 
3r 3r 

and which is subject to the following boundary conditions 

h--hi(r=R ) 
Qr-- 2re r h i v 

Solving for the permeability of the crust in the same manner as 
before, yields 

k = Qr v In (R/a) (29) 
2 rcg hi(h m - hi) 

In Table 11 and Figure 28, crustal permeabilities necessary 
for steady state flow (calculated from equations (27) and (29)) 
are presented for a reasonable range of polar recharge volumes 
and net hydraulic heads. The results indicate that a recharge 
volume of I km 3 H20 yr -l, introduced into a 1-km-thick aquifer 
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TABLE 11. Permeability Required for Steady State Flow 

Initial Aquifer 
Thickness 

hf•n 

Permeability k, darcies 

Groundwater Mound 

Height Q - 2.2 km 3 yr -I Q - 1 km 3 yr -I Q = 0.1 km 3 yr -I Q - 0.01 km 3 yr-I 
hm-h•,m Unconf'med Confined Unconf'med Confined Unconf'med Confined Unconfmed Confined 

1000 

5000 

100 102.0 107.0 

200 48.69 53.56 

300 31.05 35.71 

400 22.32 26.78 

500 17.14 21.42 

100 21.21 21.42 

500 4.08 4.28 

1000 1.95 2.14 
2500 0.69 0.86 

45.96 48.25 4.60 4.83 0.46 0.48 
21.93 24.13 2.19 2.41 0.22 0.24 
13.99 16.08 1.40 1.61 0.14 0.16 

10.05 12.06 1.01 1.21 0.10 0.12 
7.72 9.65 0.77 0.97 0.08 0.10 

9.56 9.65 0.96 0.97 0.10 0.10 
1.84 1.93 0.18 0.!9 0.02 0.02 
0.88 0.97 0.09 0.10 0.01 0.01 
0.31 0.39 0.03 0.04 0.003 0.004 

mQ 

10 3 
"=(a) 
. 

Aquifer Thickness- 1000 rn 

102 :: 

10 h., - h, = 100 rn 

1 h., - h, = 500 rn 

10 '• 

10 -2 , , , ,,, , , , , ,,,,, , , , ,,,,,, , , , , ,,,, 

RECHARGE VOLUME Q (km 3 yr-:) 

10 2 

lO 

1 

lO-2 

1 o -3 

(b) 
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Aquifer Thickness: 5000 rn 
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• hi,, - h, = 2500 
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Fig. 28. Permeability required for pole-to-equator steady state flow for 
various recharge volumes and groundwater mound heights in aquifers 
(a) 1000 m and (b) 5000 m thick. Unless otherwise noted, the calculations 
assume a crustal permeability of 1 darcy and a basal melting radius equal to 
that of the permanent north polar cap (a = 5 x 105 m). 

at the poles, could drive the flow of a similar volume of water to 
the equator, given a crustal permeability of-100 darcies and a 
groundwater mound height of 100 m. If the recharge volume is 
lowered to 0.01 km 3 H20 yr -1, and if we permit a net hydraulic 
head of 2500 m (equivalent to the lithostatic pressure exerted by 
a 1.5-km thickness of ice-rich permafrost), then the minimum 
permeability required to support steady state flow falls to less 

than 5 x 10 -3 darcies, a value that lies within the lower extreme 
of measured permeabilities for fractured igneous and metamor- 
phic rock (Figure 29). Note that even this low value of crustal 
permeability permits the pole-to-equator transport of as much as 
4.5 x 107 km 3 of groundwater (from each pole) over the course of 
Martian geologic history, or-108 km 3 H20 (equivalent to a glob- 
al ocean-600 m deep) when the potential contribution of both 
poles is taken into account. 

5.4. The Large-Scale Permeability of the Martian Crust 

The significance of the steady state permeabilities presented 
in Table 11 can be placed in perspective by comparing them with 
the crustal values assumed by Carr [1979] in his discussion of 
the origin of the outflow channels. Based on both the size of the 
channels and the assumption that each was formed by a single 
catastrophic event, Carr [1979] calculated that discharges of 
-107 to 5 x 108 m 3 s -! were necessary to produce the observed 
erosion. To achieve rates this high requires large-scale perme- 
abilities on the order of 103 darcies, permeabilities that Carr 
[1979] argued were only reasonable if the Martian crust was in- 
tensely fractured and/or possessed numerous unobstructed lava 
tubes, characteristics similar to those of certain Hawaiian basalts 
[Davis, 1969]. 

Arguments for crustal permeabilities of 103 darcies or higher 
have also been advanced by MacKinnon and Tanaka [1989]. 

REL A TI VE PERMEA BILI T Y 

• permeable basalt 
fractqred igneous a 
meta{morphic rock 

unfractured igneous & *-Ave., Earth's metamorphic rock crust 

'•"•':•;'•':•'::•='='•=":':•?":• ......... I Brace (1980, 1984) 
sil t, Ioess 

grav{,•l 

-8 -7 -6 -5 -4 -3 -2 -1 0 1 2 3 4 5 

LOG k (darcies) 

Mars' 'fractured zone' 
MacKinnon and Tanaka 

(1989) 

Megaregolith value 
required for inferred 

outflow channel 

discharge rates 
Carr (1979) 

Fig. 29. Relative permeability of typical terrestrial geologic formations 
(after Freeze and Cherry [1979]). 
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Based on gravity studies of terrestrial and lunar impact craters, 
and borehole observations of terrestrial impact and explosion cra- 
ters, they suggest that porosities as high as 20% may characterize 
the Martian fractured basement. They further suggest that much 
of this impact-generated porosity may occur as open planar frac- 
tures having widths of 1-5 mm and associated permeabilities as 
great as 104 darcies. 

Although local permeabilities as high as 10 3 darcies undoubt- 
edly occur on Mars, on a globally averaged basis, an effective 
permeability this large seems difficult to reconcile with the five 
order-of-magnitude smaller value inferred for the near surface of 
the Earth [Brace, 1980, 1984]. Therefore, given the general im- 
portance of this parameter to understanding the subsurface hy- 
drology of Mars, just how reliable are these higher estimates? 

As noted by Carr [1979], much of the need to invoke high 
discharge rates (and thus high permeabilities) to account for the 
origin of the outflow channels is based on the assumption that 
each channel was carved by a single catastrophic event. How- 
ever, if the channels were created by multiple episodes of out- 
break and erosion, or by continuous shallow flows acting over a 
prolonged period of time, then the need for high crustal perme- 
abilities is significantly reduced. 

Similar qualifications apply to the high permeabilities inferred 
by MacKinnon and Tanaka [1989]. The validity of their analysis 
rests on two key assumptions: (1) that the gravity anomalies as- 
sociated with terrestrial and lunar craters are almost exclusively 
due to an increase in the fracture porosity of the surrounding 
basement, and (2) that the geometry of these fractures is both 
open and planar. As discussed below, there are good reasons to 
question both assumptions. 

First, contrary to the assertion by MacKinnon and Tanaka 
[1989], the largest contributor to the gravity anomalies recorded 
over terrestrial and lunar craters is not the fracture porosity of the 
surrounding basement, but the increase in porosity associated 
with the breccia lens at the bottom of the crater [Dvorak and 
Phillips, 1978]. As discussed by Shoemaker [ 1963], Short [ 1970], 
and Grieve and Garyin [1984], the breccia lens consists of coun- 
try rock that is pulverized along the wall of the transient cavity 
and then slumps to the bottom later in the cratering event. As 
such, its lithology consists of boulder-sized fragments imbedded 
in a substantial matrix of more finely divided debris. The hydro- 
logic properties of such a mix are more closely related to those of 
a low-permeability glacial till than to a regular network of open 
planar fractures. Second, shock waves generated by subsequent 
impacts will help to eliminate any sizable openings in the frac- 
tured basement by both shifting and compacting the overlying 
debris (i.e., see Figure 1) and by rupturing additional material off 
the fracture walls as the shock waves are reflected along the 
fracture boundaries [Short, 1970]. 

Finally, as noted in section 2.1, the presence of groundwater 
can also contribute to a significant reduction in crustal porosity 
and permeability. On Earth, groundwater that resides in the crust 
for millions of years generally evolves into a highly mineralized 
brine consisting of a saturated mixture of chlorides, carbonates, 
sulfates, silica, and a variety of other dissolved species [White, 
1957]. On Mars, this geochemical evolution will likely be accel- 
erated by the influx of minerals leached from the crust by low- 
temperature hydrothermal circulation (see section 4.4.1 and Fig- 
ure 18). The convective cycling of 102-103 km of water (per unit 
area) between the water table and the base of the cryosphere will 
deplete the intervening crust of any easily dissolved substances, 
concentrating many of them in the underlying groundwater to 

levels far in excess of their respective saturation points. The 
resulting precipitation of these minerals beneath the water table 
should lead to widespread diagenesis and to the development of a 
distinct geochemical horizon within the crust [Soderblom and 
Wenner, 1978]. Where exposed by subsequent faulting or ero- 
sion, this horizon should appear as a relatively competent layer 
whose upper boundary conforms to a surface of constant geopo- 
tential. Although not diagnostically unique, such an observation 
is consistent with mineral deposition in an unconfined aquifer in 
hydrostatic equilibrium. 

In summary, although previous estimates of the large-scale 
permeability of the Martian crust have run as high as 103 darcies, 
consideration of the mean permeability of the Earth's crust 
[Brace, 1980, 1984], and the potential for extensive diagenesis, 
suggests that a more reasonable value may be 3-5 orders of 
magnitude smaller. As discussed in section 5.3, even perme- 
abilities this low will permit the pole-to-equator transport of a 
significant volume of groundwater (• 108 km 3) over the planet's 
history. It should be noted, however, that even if only a few per- 
cent of the Martian crust possesses permeabilities as high as 
those estimated by Carr [1979] and MacKinnon and Tanaka 
[1989], the potential for pole-to-equator groundwater flow will 
be vastly increased. 

6. TH• EARLY EVOLUTION OF THE MARTIAN 

HYDROSPHERE AND CLIMATE 

The way in which the Martian crust was initially charged with 
H20 is critically dependent on the nature of the planet's early 
climate. Was Mars was warm and wet, as suggested by the valley 
networks? Or has it always resembled the frozen state we ob- 
serve today? And, finally, if the climate did start warm, how was 
the planet's hydrologic cycle affected by the onset of colder tem- 
peratures? These, and several related questions about the devel- 
opment of the early hydrosphere and climate, are addressed in 
the following discussion. 

6.1. The Evolution of the Early Martian Climate and the 
Initial Emplacement of Crustal t120 

Given the geomorphic evidence for the widespread occurrence 
of water and ice in the early crust, and the difficulty involved in 
accounting for this distribution given the present climate, it has 
been suggested that the Martian climate was originally more 
Earth-like, permitting the global emplacement of crustal H20 by 
direct precipitation as snow or rain [e.g., Masursky et al., 1977; 
Pollack et al., 1987]. The resemblance of the valley networks to 
terrestrial runoff channels, and their almost exclusive occurrence 

in the planet's ancient (-4 billion year old) heavily cratered ter- 
rain, is often cited as evidence of just such a period. 

Clearly, if the valley networks did originate from an early epi- 
sode of precipitation and surface runoff, it required atmospheric 
pressures and surface temperatures far higher than those ob- 
served today. For this reason, it has been suggested that early 
Mars possessed a greenhouse climate, a condition that would 
have required in excess of 5 bars of CO 2 and the presence of 
other potent greenhouse gasses, such as methane and ammonia, 
to maintain surface temperatures above freezing [Postawko and 
Kuhn, 1986; Pollack et al., 1987; Kasting, 1987, 1991]. Al- 
though this amount of CO 2 is---102-103 times more than contain- 
ed in the present atmosphere, it is well within current estimates 
of the planet's total volatile budget [Pepin, 1987]. The surface 
erosion expected from such a massive early atmosphere may also 
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explain the early episode of crater obliteration inferred from 
crater diameter-frequency plots of the ancient cratered highlands 
[Mutch et al., 1976; Arvidson et al., 1980; Carr, 1981 ]. 

However, if Mars did possess an early greenhouse, then what 
caused the atmospheric inventory of CO 2 to fall from an initial 
value of 5 bars to its present level of 6.1 mbar? At least four 
processes appear likely. Calculations by Watkins and Lewis 
[1985] suggest that shock waves from large impacts may have 
blown off a significant portion of the early atmosphere. This 
process was probably most effective during the heavy bombard- 
ment period, when large impacting bodies were still prevalent in 
the solar system. The depletion of the atmosphere was likely 
further enhanced by the interaction of the solar wind with the 
ionosphere. Particle velocities within the resulting plasma flow 
could have easily exceeded the planet's 5 km s -I escape velocity. 
Calculations indicate that this process alone could have reduced 
a dense early atmosphere to its present state in less than a billion 
years [Perez-de-Tejada, 1987]. Finally, atmospheric CO 2 may 
have been lost to the regolith by both adsorption [Fanale et al., 
1986] and by reaction with surface and subsurface liquid water to 
form carbonate rocks [Booth and Kieffer, 1978; Kahn, 1985; 
Pollack et al., 1987]. Ultimately, all four processes may have 
contributed to reducing the atmospheric pressure and tempera- 
ture to the point where liquid water was no longer stable at the 
surface. Proponents of this idea suggest that this transition oc- 
curred some 4 billion years ago; thus, ending the period of valley 
network formation. 

An alternative school of thought suggests that the early Mar- 
tian climate did not differ substantially from that of today. Advo- 
cates of this view [e.g., Pieri, 1979, 1980; Carr, 1983] find no 
compelling reason to invoke a warmer, wetter period to explain 
the origin of the valley networks. Rather, they cite evidence that 
the primary mechanism of valley formation was groundwater 
sapping [Sharp and Malin, 1975; Pieri, 1980; Baker, 1982; Carr, 
1983; Brakenridge et al., 1985; Baker and Partridge, 1986], a 
process that does not require that surface water exist in equilib- 
rium with the atmosphere. According to this scenario, as ground- 
water seeped onto the surface, the heat removed by its rapid 
vaporization led to the formation of a protective and thick- 
ening cover of ice, beneath which water may have continued to 
flow for considerable distances even under current climatic con- 

ditions [Wallace and Sagan, 1979; Carr, 1983; Brakenridge et 
al., 1985]. 

Of course, if the early climate was similar to the present one, 
why are the valley networks found almost exclusively in the 
ancient cratered highlands? As discussed in section 4.4, the as- 
sociation of most small valleys with the rims of large craters 
suggests a genetic relationship, whereby the melt generated by 
large impacts resulted in the formation of local hydrothermal sys- 
tems whose discharge then formed the valleys [Newsom, 1980; 
Brakenridge et al., 1985]. Because only large impacts may have 
produced sufficient melt to establish the necessary hydrothermal 
activity, the decline in valley network formation might then sim- 
ply reflect the early decline in the number of large impactors. 

However, while groundwater sapping may successfully ex- 
plain the origin of the small valleys, it fails to address how the 
crust was initially charged with H20. Indeed, even advocates of 
the sapping hypothesis sometimes sidestep this issue by sug- 
gesting that the groundwater involved in the formation of the 
networks was eraplaced during a period of precipitation that oc- 
curred so early that no physical record of that period remains 
[Pieri, 1979, 1980]. 

Although it is possible that evidence of an ancient period of 
global precipitation has been lost by erosion and resurfacing, it 
seems equally reasonable .to take this lack of evidence at face 
value and consider the poss!bility that such an episode may never 
hav. e occurred. In this regard, $oderblom and Wenner [1978] 
suggest that the emplacement of crustal H20 was the result of the 
direct injection and migration of juvenile water derived from the 
planet's interior. There are at least two ways in which this em- 
placement may have occurred. First, by the process of thermal 
vapor diffusion, water exsolved from cooling magmas will mi- 
grate from warmer to colder regions of the crust. As a result, any 
part of the cryosphere that overlies or surrounds an area of 
magmatic activity, will quickly become saturated with ice. The 
introduction of any additional water will then result in its accu- 
mulation as a liquid beneath the cryosphere, where, under the 
influence of the growing local hydraulic head, it will spread lat- 
erally in an effort to reach hydrostatic equilibrium. 

However, the fate of water released to the cold Martian at- 

mosphere is significantly different. The rapid injection of a large 
quantity of vapor into the atmosphere (e.g., by volcanism) will 
lead to its condensation as ice on, or within, the surrounding 
near-surface regolith. As the available pore space in the upper 
few meters of the regolith is saturated with ice, it will effectively 
seal off and eliminate any deeper region of the crust as an area of 
potential storage. From that point on, any excess water vapor that 
is introduced into the atmosphere will be restricted to condensa- 
tion and insolation-driven redistribution on the surface until it is 

eventually cold-trapped at the poles. 
Should the deposition of ice at the poles continue, it will ulti- 

mately lead to basal melting, recycling water back into the crust 
beneath the caps. As the meltwater accumulates beneath the po- 
lar cryosphere, it will create a gradient in hydraulic head that 
will drive the flow of groundwater away from the poles. As the 
flow expands radially outwards, it will pass beneath regions 
where, as a result of vapor condensation from the atmosphere, 
only the top few meters of the cryosphere have been saturated 
with ice. As before, the presence of a geothermal gradient will 
then lead to the vertical redistribution of H20 from the underly- 
ing groundwater to the cryosphere until its pore volume is satu- 
rated throughout (see section 4.5). In this way, and by these 
processes, the early crust may have been globally charged with 
water and ice without the need to invoke an early period of at- 
mospheric precipitation. 

6.2. The Hydrologic Response of Mars to the Thermal 
Evolution of lts Early Crust 

Although unambiguous evidence that Mars once possessed a 
warmer, wetter climate is lacking, a study of the transition from 
such conditions to the present climate can benefit our under- 
standing of both the early development of the cryosphere and the 
various ways in which the current subsurface hydrology of Mars 
is likely to differ from that of the Earth. Viewed from this per- 
spective, the early hydrologic evolution of Mars is essentially 
identical to considering the hydrologic response of the Earth to 
the onset of a global subfreezing climate. 

If the valley networks did result from an early period of at- 
mospheric precipitation, then Mars must have once possessed 
near-surface groundwater flow systems similar to those currently 
found on Earth, where, as a consequence of atmospheric re- 
charge, the water table conformed to the shape of the local ter- 
rain (Figure 30a). However, with both the transition to a colder 
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Fig. 30. The hydrologic response of Mars to the onset of a colder climate. (a) If Mars once had a warmer, wetter climate, it may have had near-surface 
groundwater flow systems similar to those found on Earth which, as a result of atmospheric precipitation, had water tables that followed the local topography. 
(b) As the temperature fell below freezing, the condensation of ice in the near-surface crust eliminated any further replenishment of the underlying ground- 
water, leading to the decay of the precipitation and topographically induced groundwater divides. (c) Ultimately, as the groundwater reached hydrostatic 
equilibrium, it saturated the lowermost porous regions of the crust, resulting in a groundwater table that conformed to a surface of constant geopotential. 

climate and the decline in Mars' internal heat flow, a freezing 
front eventually developed in the regolith that propagated down- 
ward with time, creating a thermodynamic sink for any H20 
within the crust. Initially, water may have entered this develop- 
ing region of frozen ground from both the atmosphere and un- 
derlying groundwater. However, as ice condensed within the 
near-surface pores, the deeper regolith was ultimately sealed off 

from any further atmospheric supply. From that point on, the only 
source of water for the thickening cryosphere must have been 
the thermally driven upward flux of vapor from the underlying 
groundwater (Figure 30b). 

With the elimination of atmospheric recharge, the elevated 
water tables that once followed the local topography eventually 
decayed. The continuity of pore space provided by sediments, 
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breccia, and interbasin faults and fractures should have then al- 
lowed the water table to hydrostatically readjust on a global scale 
until it ultimately conformed to a surface of constant geopotential 
(Figure 30c). This conclusion is supported by investigations of 
areally extensive groundwater systems on Earth that experience 
little or no precipitation [e.g., Mifflin and Hess, 1979; Cathles, 
1990]. 

The time required for the development of the cryosphere can 
be calculated by solving the transient one-dimensional heat con- 
duction equation for the case of a semi-infinite half-space with 
internal heat generation, where 

32T S 1 •}T 

8z 2 K c• 8t 
(3O) 

and where T is the crustal temperature, z is the depth, t is time, K 
is the crustal thermal conductivity, ct is the thermal diffusiv- 
ity (= Wpc), and S is the heat generation rate per unit volume 

(-- 3Qg/R, where Qg is the geothermal heat flux an R is the radius 
of Mars) [Fanale et al., 1986]. An upper limit can be placed on 
how rapidly the cryosphere evolved if we assume that the surface 
temperature of Mars underwent an instantaneous transition from 
a mean global value of 273 K to its current latitudinal range of 
154-218 K. Given this assumption, the boundary and initial 
conditions that apply to equation (30) are 

T(0, 0) -- 273 K 
T(0, t) -- 218 K (at the equator) 

-- 154 K (at the poles) 

•T 

•z 

Qg 

For the conditions described above, equation (30) was solved 
numerically using the method of finite-differences. The results 
indicate that, given a present-day geothermal heat flux of 30 mW 
m -2, the freezing front at the base of the cryosphere will reach its 
equilibrium depth at the equator in -4.6 x 105 years, while at the 
poles it will take roughly 1.5 x 106 years (Figure 31). Given the 
elevated geothermal conditions that likely characterized the 

planet 4 billion years ago (i.e., Qg - 150 mW m-2), the corre- 
sponding development times are 2 x 104 years and 1.3 x 105 
years, respectively. These calculations are based on a thermal 
conductivity of 2.0 W m -• K -z, a freezing temperature of 273 K, 
and a maximum latent heat release (due to the condensation of 

H20 vapor as ice in the pores) that does not exceed Qg, a limit 
that is imposed by the geothermal origin of the vapor flux reach- 
ing the base of the cryosphere (e.g., Figure 30b; see also sec- 
tion 4.4.1). Note that although these development times assume 
an initially dry crust, they would not be significantly different 
even if the crust were initially saturated throughout. Although the 
early growth of the cryosphere would be slowed by the ready 
supply of latent heat, this period represents only a small fraction 
of the total time required for the cryosphere to reach equilibrium. 
In the later stages of growth, which are controlled almost exclu- 
sively by conduction through the frozen crust, the rate of heat 
loss is sufficiently small that the effect of latent heat release can 
be virtually ignored. 

Although the assumption that Mars underwent an instantane- 
ous transition from a warm to cold early climate is clearly incor- 
rect, this extreme example serves to illustrate an important point, 
that is: on a time scale greater than -106 years, the base of the 
cryosphere is essentially in thermal equilibrium with mean tem- 
perature environment at the surface. As a result, for any reason- 
able model of climate evolution, the growth of the cryosphere is 
not controlled by the rate of conduction through the crust, but by 
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Fig. 31. Development times for the Martian cryosphere at the equator (T s -- 218 K) and poles (T s = 154 K), assuming an instantaneous transition from a pre- 
vious warm early climate (T s -- 273 K). The calculations are based on a crustal thermal conductivity of 2.0 W m -1 K -1, a basal freezing temperature of 273 K, 
and geothermal heat fluxes of 30 and 150 mW m -2. The resulting equilibrium depths at the equator and poles for the two values of geothermal heat flux are, 
respectively, 3670 m and 7930 m, and 730 m and 1590 m. 
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how rapidly the mean surface temperature environment changes 
with time. Pollack et al. [1987] estimate that if the primary 
mechanism driving climate change was the removal of a massive 
(1-5 bar) CO 2 atmosphere by carbonate formation, then the 
transition from a warm to cold early climate must have taken be- 
tween 1.5 x 107 to 6 x 107 years. For transition times this slow, 
the downward propagation of the freezing front at the base of 
the cryosphere proceeds at a rate that is sufficiently small (when 
compared with the geothermally-induced vapor flux arising from 
the groundwater table) that the geothermal gradient should have 
no trouble supplying enough vapor to keep the cryosphere satu- 
rated with ice throughout its development. 

From a mass balance perspective, the thermal evolution of the 
early crust effectively divided the subsurface inventory of water 
into two reservoirs: (1) a slowly thickening zone of near-surface 
ground ice and (2) a deeper region of subpermafrost groundwater 
[Carr, 1979]. Regardless of how rapid the transition to a colder 
climate actually was, the cryosphere has continued to thicken as 
the geothermal output from the planet's interior has gradually 
declined. One possible consequence of this evolution is that, if 
the planet's initial inventory of outgassed water was small, the 
cryosphere may have eventually grown to the point where all of 
the available H20 was taken up as ground ice [Soderblom and 
Wenner, 1978]. Alternatively, if the inventory of H20 exceeds the 
current pore volume of the cryosphere, then Mars has always had 
extensive bodies of subpermafrost groundwater. 

Because the pore volume of the cryosphere was likely satur- 
ated with ice throughout its early development, the thermally 
driven vapor flux arising from the reservoir of underlying ground- 
water could have led to the formation and maintenance of near- 

surface perched aquifers, fed by the downward percolation of 
condensed vapor from the higher and cooler regions of the crust 
(Figure 32). Eventually the hydrostatic pressure exerted by the 
accumulated water may have been sufficient to disrupt the over- 
lying ground ice, allowing the stored volume to discharge onto 
the surface. Such a scenario may have been repeated hundreds of 
times during the planet's first half-billion years of geologic 
history, possibly explaining (in combination with local hydro- 
thermal systems driven by impact melt [Newsom, 1980] and 
volcanism [Gulick, 1991]) how some valley networks may have 
evolved in the absence of atmospheric precipitation [Pieri, 1979, 
1980; Carr, 1983]. However, as the internal heat flow of the 
planet continued to decline, the thickness of the cryosphere may 
have grown to the point where it could no longer be disrupted 

by the limited hydrostatic pressure that could develop in a 
perched aquifer, thus terminating the potential contribution of 
low-temperature hydrothermal convection to valley network for- 
mation. 

Finally, the postcryosphere groundwater hydrology of Mars 
will differ from its possible precryosphere predecessor (and 
therefore from present-day terrestrial groundwater systems) in at 
least one other important way. In contrast to the local dynamic 
cycling of near-surface groundwater that may have characterized 
the first half-billion years of Martian climate history (e.g., Fig- 
ures 11 and 30a), the postcryosphere period will necessarily be 
dominated by deeper, slower interbasin flow (e.g., Figure 30c). 
Aside from polar basal melting, there are at least three other 
processes that are likely to drive flow under these conditions, 
they are (1) tectonic uplift (essentially the same mechanism pro- 
posed by Carr [1979] to explain the origin of the outflow chan- 
nels east of Tharsis), (2) gravitational compaction of aquifer pore 
space (perhaps aided by the accumulation of thick layers of 
sediment and basalt on the surface), and (3) regional-scale hy- 
drothermal convection (e.g., associated with major volcanic cen- 
ters such as Tharsis and Elysium). Note that, with the exception 
of active geothermal areas, the flow velocities associated with 
these processes are likely to be orders of magnitude smaller than 
those that characterize precipitation-driven systems on Earth. 

7. FURTHER CONSIDERATIONS 

A unique feature of the hydrologic model presented in this 
paper is that, with regard to the transfer of H20 between its long- 
term sources and sinks, it is essentially a closed loop (Figure 33). 
That is, given an inventory of outgassed water that is sufficient to 
both saturate the pore volume of the cryosphere and form a sub- 
permafrost groundwater system of global extent, the loss of crus- 
tal water from any region on the planet is ultimately balanced by 
surface deposition, basal melting, and subsurface replenishment. 
Further, given a geologically reasonable description of the crust, 
this cycle appears to be an inevitable consequence of both basic 
physics and the climatic conditions that have apparently pre- 
vailed on Mars throughout the past 3.5-4.0 billion years. For this 
reason, the model has important implications for a variety of 
problems associated with the planet's hydrologic and climatic 
history. In this section two examples that illustrate the relevance 
and potential importance of this model are considered: (1) the re- 
charge of the valley networks and outflow channels, and (2) the 
polar mass balance of H20. 

developing 
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Fig. 32. An illustration of how the process of thermal vapor diffusion may 
have led to the development and maintenance of near-surface perched aqui- 
fers in the absence of atmospheric precipitation. 
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Fig. 33. A model of the climatic behavior of water on Mars. 
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7.1. Recharge of the Valley Networks and Outflow Channels 

A recurrent issue regarding the origin of the valley networks 
and outflow channels is that the amount of water required to 
erode these features is so large, compared with the storage ca- 
pacity of their likely source regions, that some type of recycling 
process appears necessary. In an effort to address this problem, a 
variety of potential recycling mechanisms have been proposed 
[e.g., Masursky et al., 1977; Carr, 1984; Jakosky and Carr, 
1985; Clow, 1987; Gulick and Baker, 1990; Baker et al., 1991; 
Plescia and Crisp, 1991; Moore et al., 1991 ]. Although several 
of these schemes appear viable, virtually all require either a 
coincidence of environmental conditions, or a combination of 
physical properties, that is needlessly complex or whose occur- 
rence is poorly constrained. 

An assumption common to each of the above scenarios, is that 
the reservoirs of groundwater that were tapped in the formation 
of the valley networks and outflow channels were limited in 
capacity and isolated with respect to other reservoirs of ground- 
water present on the planet. However, as discussed in sec- 
tion 3.2, investigations of the kilometer-scale permeability of the 
Earth's crust suggest that virtually all terrestrial groundwater 
systems share some degree of hydraulic interconnection. Clearly, 
if this is true of the Earth, with an inferred mean crustal per- 
meability of 10 -2 darcies [Brace, 1980, 1984], then the case for 
hydraulic continuity on Mars, where some have argued for large- 
scale permeabilities as much as 105 times higher [Carr, 1979; 
MacKinnon and Tanaka, 1989], should be significantly stronger. 
The importance of this argument to the recharge of the valley 
networks and outflow channels is that, rather than drawing on 
small, isolated, and rapidly depleted local sources of ground- 
water, these features may have tapped an enormously larger and 
self-replenishing global reservoir, whereby any water that was 
discharged to the surface was eventually balanced by the intro- 
duction of an equivalent amount back into the aquifer through the 
process basal melting. 

Yet, because neither the likely extent of hydraulic continuity 
within the crust nor the potential role of basal melting are widely 
recognized, most investigators have attempted to address the 
problem of local groundwater depletion by invoking local mech- 
anisms of resupply. The common problem with such mechanisms 
is that once groundwater has been discharged to the surface, it is 
unable to infiltrate back through the frozen crust to replenish the 
system from which it was initially withdrawn. In support of 
this conclusion recall that under current climatic conditions, the 
thickness of the cryosphere, even at the equator, is likely to 
exceed 2 km (section 2.2). Further, a necessary prerequisite for 
the widespread occurrence of groundwater is that the thermo- 
dynamic sink represented by the cryosphere must already be 
saturated with ice. Thus, the cryosphere acts as an impermeable 
self-sealing barrier that effectively precludes the local resupply 
of subpermafrost groundwater either by the infiltration of water 
discharged by catastrophic floods, or by atmospheric precipita- 
tion on some highland source region. Note that the problem of 
local infiltration and subsurface replenishment is not signifi- 
cantly improved even if the cryosphere is initially dry, for as 
water attempts to infiltrate the cold, dry crust, it will quickly 
freeze, creating a seal that prevents any further infiltration from 
the ponded water above. 

Indeed, virtually the only way a subpermafrost groundwater 
system can be directly replenished, is if the intervening cryos- 
phere is somehow thawed throughout. This is essentially the 
explanation advocated by Baker et al. [ 1991] to account for both 

the episodic recharge of the Chryse outflow channels and the 
development of recent (Amazonian age) valley networks on the 
flanks of several large volcanoes. Baker et al. [1991 ] have pro- 
posed that an episode of intense volcanic activity, centered on 
Tharsis, may have triggered a massive regional melting of ground 
ice that ultimately resulted in the catastrophic release of as much 
as 6.5 x 107 km 3 of groundwater onto the surface. They argue 
that this massive discharge inundated the northern plains, cover- 
ing approximately 10-30% of the planet with a standing body of 
water 102-103 m deep. In support of this conclusion, Baker et al. 
[1991] cite the enormous discharge rates inferred from the di- 
mensions of the Chryse outflow channels, as well as geomorphic 
evidence of ancient shorelines discovered by Parker et al. [1989] 
throughout the northern plains. 

Perhaps the most controversial element of the Baker et al. 
[ 1991] model is the need for a late, transient greenhouse climate 
to thaw the cryosphere at the time of the Chryse flooding. Baker 
et al. [1991] require this geologically short but extreme change 
in climate because they believe it to be the only way that the 
large volumes of water discharged by the outflow channels and 
younger valley networks could have been reassimilated into the 
crust. This problem is viewed as critical not only because of the 
present absence of this water on the surface, but because the 
magnitude of erosion associated with the channels implies a sus- 
tained or episodic discharge that Baker et al. [1991 ] believe can 
only be explained if the source regions where somehow replen- 
ished. As noted by Carr [ 1991 ], however, there is little geologic 
evidence to support such a dramatic and recent episode of global 
warming. 

In light of the above, is there any compelling need to invoke a 
different climate to account for the origin of the valley networks 
(either old or new) or the repeated occurrence of catastrophic 
floods? As discussed in section 4.4.3, impact-generated hydro- 
thermal systems, such as those proposed by Newsom [1980] and 
Brakenridge et al. [1985], appear perfectly capable of generating 
the valley networks found in the cratered highlands even under 
current climatic conditions. The small number of more recent 
networks, found on the flanks of Alba Patera and several other 

large volcanoes, can be similarly explained as the result of local 
hydrothermal activity [Gulick and Baker, 1990]. In neither in- 
stance is it necessary to invoke a change in climate nor, given a 
hydraulic link to a global aquifer, any additional mechanism of 
local resupply. 

A similar conclusion is reached regarding the repeated occur- 
rence of catastrophic floods. As discussed by Carr [1979], one 
consequence of the tectonic uplift of Tharsis is that it may have 
placed the frozen crust in the lower elevations around Chryse 
Planitia under a substantial hydraulic head, leading to its even- 
tual failure and the catastrophic release of groundwater onto the 
surface. However, as the discharge continued, the local hydraulic 
head eventually declined to the point where the water-saturated 
crust was able to refreeze at the point of breakout, ultimately 
reestablishing the original ground ice thickness. The water re- 
leased by such events may have formed temporary lakes or seas 
that eventually froze and sublimed away, with the resulting vapor 
ultimately cold-trapped at the poles. Such a process may well 
explain the origin of the large polar ice sheets inferred by both 
Allen [ 1979a] and Baker et al. [ 1991 ]. The identification of pos- 
sible eskers near the south polar cap [Carr et al., 1980; Howard, 
1981; Kargel and Strom, 1992] is also consistent with this inter- 
pretation and with the subsequent reassimilation of the water 
into the crust through the process of basal melting. 
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However, basal melting is not necessarily restricted to just the 
poles. As discussed by Clifford [1987b], wherever the deposition 
and long-term retention of material occurs at the surface, the 
added insulation will result in the upward displacement of the 
melting isotherm at the base of the cryosphere until thermal 
equilibrium is reestablished. Thus, if the frozen lakes or seas that 
were formed by the discharge of the outflow channels persisted 
for more than 105-106 years, the local groundwater system may 
have been indirectly replenished by the onset of melting at the 
base of the cryosphem. It is likely, however, that this replenish- 
ment was only temporary. For with the eventual sublimation of 
the frozen lakes or seas on the surface, the melting isotherm 
should have returned to its original location, creating a cold-trap 
at the base of the cryosphem for any vapor or liquid supplied by 
the groundwater below (section 4.4.1). In this way, any water 
that was temporarily liberated from the cryosphem by basal 
melting, was eventually reassimilated into the frozen crust. 

Note that nothing in this proposed cycle is precluded by the 
current climate. Indeed, given the continued uplift of Tharsis 
and the probable occurrence of other crustal disturbances (such 
as earthquakes, impacts, and volcanic eruptions), failures of the 
cryosphem's hydraulic seal were undoubtedly common. This sug- 
gests that the cycling of water by catastrophic floods, surface 
deposition, basal melting, and groundwater recharge, may have 
been repeated many times throughout geologic history, without 
the need to invoke any special conditions regarding either the 
geology or climate of Mars. 

7.2. The Polar Mass Balance and High Obliquities 

It is generally accepted that the Martian polar layered deposits 
owe their origin and apparent youthfulness to the annual deposi- 
tion of dust and H20 and that the magnitude of this deposition 
has been modulated by quasiperiodic variations in insolation due 
to changes in the planet's orbital elements and obliquity [Cutts et 
al., 1979; Pollack et al., 1979; Toon et al., 1980]. On the basis of 
their evident thickness and the scarcity of craters with diameters 
larger than 300 m, Plaut et al. [1988] estimate that the present 
deposits accumulated at the rate of--10 km/b.y. over a time span 
of--108 years. However, studies by Fanale et al. [1982, 1986] 
suggest that conditions conducive to polar deposition are not 
unique to the present climate but are characteristic of the planet 
over a broad range of likely obliquities and orbital variations. 
Therefore, because the polar regions represent the planet's domi- 
nant thermodynamic sink for H20, any crustal water released to 
the atmosphere should ultimately be cold trapped at the poles. 

Considering only those sources of water for which there is 
both unambiguous evidence and a reliable estimate of their min- 
imum volumetric contribution (i.e., volcanism and catastrophic 
floods), we find that the minimum inventory of H20 that should 
have accumulated at the poles over geologic time is equivalent to 

ation, and the fact that the polar regions am the planet's dominant 
sink for H20, how does one account for both the youthfulness of 
the present deposits and the apparent deficit of older material at 
the poles? 

Clearly one possibility is that the estimated volume of water 
supplied to the poles by various crustal sources is wrong, and 
that all of the water ever released to the atmosphere is now 
stored in the polar ice. In that event, the apparent youthfulness of 
the current deposits might be explained by the simple racycling 
of old polar laminae into new [Toon et al., 1980]. This possibil- 
ity is raised by current models of the evolution of the polar 
troughs [Howard, 1978; Howard et al., 1982]. These features, 
which form the conspicuous spiral patterns visible in the remnant 
caps, are thought to originate near the edge of the deposits and 
then migrate, through the preferential sublimation of ice from 
their equatorward facing slopes, toward the pole. Dust, liberated 
from the ice, may then be scavenged by the polar winds and 
redistributed over the planet, while the sublimed ice may simply 
be recycled by cold trapping on the poleward facing slopes and 
on the flats that separate the troughs. By these processes, Toon et 
al. [1980] suggest that the polar deposits have reached a state of 
equilibrium whereby ancient (•109 year old) polar material is 
continually mworked, maintaining a comparatively youthful sur- 
ficial appearance in spite of its great age. 

Although it is possible that the volume of water supplied to 
the poles by various crustal sources is significantly less than 
current estimates, such a conclusion is inconsistent with both our 

present understanding of the processes that have affected the 
evolution of the surface (sections 4.1 and 4.2) and with the 
growing evidence that Mars is water rich [e.g., Carr, 1986, 1987; 
Squyres, 1989]. The case for the local racycling of old polar 
laminae is also at odds with the observations of Howard et al. 

[1982], whose detailed examination of the polar stratigraphy has 
revealed that the erosion of equatorward facing scarps has not 
kept pace with layer deposition, an observation that requires a 
net long-term accumulation of material in the polar terrains. 

Another potential solution to the mass balance problem is sug- 
gested by recent theoretical studies which indicate that the obliq- 
uity of Mars is chaotic and may reach peak values in excess of 
50 ø [Bills, 1990; Ward and Rudy, 1991; Touma and Wisdom, 
1993; Laskar and Robutel, 1993]. Under such conditions, periods 
of intense polar erosion may alternate with periods of accumula- 
tion, redistributing the polar dust and H20 over much of the 
planet. This possibility was first considered by Jakosky and Carr 
[ 1985] in connection with the origin of the valley networks. Their 
work was based on the then accepted belief that, prior to the 
formation of Tharsis, Mars had experienced obliquities as high 
as 45 ø [Ward et al., 1979], values that significantly exceeded 
those that were thought to characterize the planet after the de- 
velopment of Tharsis ( --11 ø - 38 ø [Ward, 1979]). 

Although the length of time Mars spends near its maximum 
a global layer-*65 m deep (Table 6), a volume roughly 2-5 times . obliquity during a given cycle is brief (,--10 4 years), the result- 
greater than that observed in the residual caps. Given more rea- 
sonable estimates of channel discharge, as well as the volumes 
of water contributed by the valley networks, impacts, and the 
sublimation of equatorial ground ice, the disparity between the 
expected and observed polar inventories increases by over an 
order of magnitude. Although the water lost by atmospheric es- 
cape (,*60 m, Jakosky [1990]) and oxidation of the regolith 
(-*27 m, Owen et al. [1988]) may explain some of this discrep- 
ancy, these loss mechanisms fall considerably short of resolving 
the imbalance for any reasonable estimate of total crustal dis- 
charge and expected polar inventory (Table 6). Given this situ- 

ing increase in peak and mean annual insolation at polar lati- 
tudes could affect the polar mass balance in several important 
ways. For example, Jakosky and Carr [ 1985] have argued that, at 
an obliquity of 45 ø, summer polar temperatures may rise high 
enough to result in the sublimation of 20 cm of ice from the per- 
ennial caps. Therefore, over the 10 4 years that such obliquities 
persist, a total of as much as 2 km of ice might be removed 
from the caps. Jakosky and Carr [1985] suggest that both dy- 
namical considerations and cold nighttime temperatures may con- 
spire to limit the maximum distance that the resulting vapor is 
transported from the cap. This, they argue, could lead to the 
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precipitation of ice at low- and mid-latitudes, with surface accu- 
mulations of up to several tens of meters over the duration of the 
high obliquity portion of the cycle. The absorption of sunlight in 
the resulting snowpack, could then lead to transient summertime 
melting which they suggest may have contributed to the forma- 
tion of the valley networks and the replenishment of equatorial 
reservoirs of H20. 

While the calculations of Jakosky and Cart [1985] clearly 
demonstrate the potential for significant mass loss at times of 
high obliquity, there are at least two observations that appear to 
significantly constrain both the magnitude of polar erosion and 
the extent of equatorial deposition. Consider first the case for 
equatorial deposition and melting. A principle asset of the Jako- 
sky and Cart [1985] model, in the context it was originally pro- 
posed, was that it provided a self-consistent explanation for both 
the geographic distribution of valley networks (which are con- 
centrated a t equatorial and temperate latitudes [Cart and Clow, 
1981]) and their almost exclusive occurrence in terrains that pre- 
date the development of Tharsis [Cart and Clow, 1981; Tanaka, 
1986]. This self-consistency breaks down, however, with the 
recognition that Mars has likely experienced high obliquities 
throughout its history, including the recent past [Bills, 1990; 
Ward and Rudy, 1991; Touma and Wisdom, 1993; Laskar and 
Robutel, 1993]. Although a few "young" valleys have been found 
on Alba Patera and several other large volcanoes [Gulick and 
Baker, 1990], their absence from any other terrains that post-date 
Tharsis strongly suggests an endogenic, rather than exogenic, ori- 
gin. Thus, if melting and surface runoff has ever occurred in as- 
sociation with the development of equatorial snowpacks at high 
obliquity, its contribution to the formation of the valley networks 
and the replenishment of equatorial H20 apparently ceased no 
later than the formation of Tharsis (-3.5-4 b.y.a. [Wise et al., 
1979]). 

With regard to the magnitude of polar erosion, both the infer- 
red 108-year age of the polar deposits [Plaut et al., 1988] and the 
apparent frequency of high obliquity excursions [Bills, 1990; 
Ward and Rudy, 1991; Touma and Wisdom, 1993; Laskar and 
Robutel, 1993] appear to place a severe constraint on the mag- 
nitude of mass loss that the poles typically experience during 
such periods. For example, if the loss amounted to the ---102- 
103m per high obliquity cycle originally suggested by Jakosky 
and Carr [1985], then the maximum "life cycle" of the deposits, 
from build-up to erosion, would necessarily be limited to just a 
few million years. Yet, if the inferred 108-year age of the 
deposits is correct, then they have not only survived a minimum 
of 103 obliquity cycles (many of which should have exceeded 
45ø), but have actually accumulated at the rate of--10 km/b.y. 
[Plaut et al., 1988]. This fact is consistent with previous theo- 
retical studies indicating the existence of a long-term net depo- 
sitional environment at the poles [Fanale et al., 1982, 1986] and 
with the absence of observational evidence indicative of any 
massive, widespread erosion of the polar laminae [Howard et al., 
1982]. 

To summarize, it appears that any solution to the mass bal- 
ance problem should (1) be consistent with theoretical models of 
the Martian climate, which indicate that a net depositional envi- 
ronment has existed at the poles throughout most of the planet's 
history [Fanale et al., 1982, 1986], (2) be able to account for the 
observational evidence that the evolution of the polar terrains has 
indeed been dominated by depositional processes [Howard et al., 
1982], (3) be able to accommodate a rate of deposition, implied 
by the paucity of craters within the deposits, of from 10 -5 to 
10-4m yr -1 [Cutts et al., 1976; Pollack et al., 1979; Plaut et al., 

1988], and (4) satisfy all of the previous conditions within the 
constraint imposed by the apparent deficit of older material that 
currently exists at the poles. 

As discussed by Clifford [1987b], the process of basal melting 
appears to satisfy each of these requirements. Once the polar de- 
posits have reached the required thickness for basal melting, they 
will have achieved a condition of relative equilibrium, whereby 
the accumulation of any H20 at the ice cap's surface will even- 
tually be offset by melting at its base. Indeed, a geothermal heat 
flux of 30 mW m -2 K -1 could easily keep pace with an }t20 depo- 
sition rate as high as -*3 x 10 -3 m yr -l. Therefore the occurrence 
of basal melting is consistent with both the prediction of climate 
models [Fanale et al., 1982, 1986] and the observational evi- 
dence [Howard et al., 1982], indicating that a long-term net dep- 
ositional environment has existed at the poles. 

8. QUALIFICATIONS AND POTENTIAL TESTS 

A model of any natural process is necessarily a compromise 
between the desire to consider all first-order effects, and the 

practical reality that it must be simple enough to be readily 
communicated and understood. Unfortunately, the inherent com- 
plexity of real world systems is often poorly represented when 
described in such general terms. With regard to the hydrolog- 
ic and climatic behavior of water on Mars, the transport of 
H20 through the atmosphere, over the surface, and beneath the 
ground, involves numerous individual processes, each of which 
may be significantly affected by natural variations in the local or 
global environment. Spatial variations, like local changes in the 
thermophysical properties of the crust, are perhaps the best un- 
derstood and easiest to model. While characteristics like poros- 
ity, permeability and heat flow, may change appreciably from one 
location to another, this variation is likely to occur within a fairly 
well-defined range of limits based on our knowledge of the geol- 
ogy of the Earth and Moon, and what we have deduced about 
Mars from spacecraft investigations of its surface. Temporal 
changes are another matter. Some, like the decline in the planet's 
internal heat flow or the rise in solar luminosity, are evolutionary 
and, therefore, at least somewhat predictable. The occurrence of 
others, such as a major impact, the catastrophic discharge of an 
outflow channel, or the long-term chaotic evolution of the Mar- 
tian obliquity and orbital elements, completely defy prediction, 
yet their impact on the local or global environment may, at times, 
completely overwhelm all other effects. It is the synergistic inter- 
action of these various elements that has governed the hydrologic 
and climatic behavior of water on Mars. 

Clearly, given this many free parameters, the number of pos- 
sible permutations of events and conditions that may have af- 
fected the Martian climate is virtually endless. One example is 
the evidence for polar wandering presented by Schultz and Lutz 
[1988]. As has been stated many times in this analysis, given our 
present understanding of Martian climatic history, a net long- 
term loss of H20 from the equatorial crust to the atmosphere 
appears irreversible. This conclusion assumes, however, that the 
geographic location of the p!anet's spin axis has remained fixed 
with time, an assumption that Schultz and Lutz [1988] have 
vigorously challenged. Perhaps the most persuasive evidence for 
polar wandering comes from the identification of several exten- 
sive antipodal layered deposits near the equator that possess a 
number of striking morphologic similarities to the polar layered 
terrains. To account for these features, Schultz and Lutz [1988] 

have proposed that over a time scale of several billion years, the 
crust of Mars has undergone a major reorientation in relation to 
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its spin axis. They attribute this movement to changes in the 
planet's moment of inertia caused by the formation of Tharsis. 
While the actual dynamics necessary to produce this shift are 
presently unclear, the slow migration of the geographic location 
of the poles provides a mechanism for moving the planet's cold 
trap and atmospherically replenishing subsurface H20 on a glob- 
al scale. 

It is important to note, however, that while polar wandering 
[Schultz and Lutz, 1988], massive polar erosion at high obliq- 
uities [Jakosky and Carr, 1985], and recent transient global 
warming [Baker et al., 1991], may all have occurred, none of 
these scenarios is required to explain any aspect of the hydro- 
logic evolution of a water-rich Mars that cannot already be satis- 
factorily explained under the physical and climatic conditions we 
observe on the planet today. This conclusion is based on only two 
assumptions: (1) that the physical properties of the Martian crust, 
including porosity, permeability, and crustal thermal conductiv- 
ity, are no different then those which characterize the Earth and 
Moon, and (2) that Mars possesses an inventory of water that 
exceeds the pore volume of the cryosphere by as little as a few 
percent. Given these conditions, basic physics dictates that the 
processes of surface deposition, basal melting, groundwater flow, 
and the thermal transport of H20, will thermodynamically and 
hydraulically link the atmospheric, surface, and subsurface res- 
ervoirs of water on Mars into a single self-compensating system. 

Although unequivocal evidence of a planetary-scale ground- 
water system is currently lacking, its existence is consistent with 
the calculations presented in section 2 and with the geomorphic 
evidence that Mars possesses an inventory of water equivalent to 
a global ocean 0.5-1 km deep [Carr, 1987]. More direct evi- 
dence that such a system has existed throughout much of Martian 
geologic history is provided by the timing and thermodynamic 
implications of the outflow channels. As discussed in section 2.3, 
a prior condition for the existence of any large volume of ground- 
water is that the pore volume of the cold-trap represented by the 
cryosphere must first be saturated with ice. This conclusion 
follows from the fact that, given an available reservoir of water at 
depth, thermal processes will supply enough H20 to saturate the 
cryosphere in less than 107 years (sections 4.4.1 and 4.5). Since 
the youngest outflow channels may be less than 1 billion years 
old [Tanaka, 1986; Tanaka hfid Scott, 1986; Parker et al., 1989; 
Mouginis-Mark, 1990; Rotto and Tanaka, 1991; Baker et al., 
1992], this suggests that an inventory of water in excess of that 
stored in the cryosphere has persisted on Mars until very recent 
times, and may continue to persist to the present day. 

While theoretical arguments for a planetary-scale groundwater 
system based on the thermodynamic significance of the outflow 
channels are interesting, they fall short of an actual proof. Unfor- 
tunately, at present, the channels are the best evidence that we 
have. However, as the exploration of Mars continues, there will 
be opportunities for more direct investigations of the subsurface 
that should resolve this issue conclusively. While prospects for 
a Mars Deep Drilling Project are likely to remain dim for the 
foreseeable future, at least two other geophysical methods, ac- 
tive seismic exploration [Tittmann, 1979; Zykov et al., 1988] and 
electromagnetic sounding [Rossiter et al., 1978; Ehrenbard et al., 
1983], could be used to deteci xnd map the distribution of ground 
ice and groundwater beneatt, the planet's surface. 

Assuming that such investigations are actually conducted, 
what observations would provide conclusive evidence that Mars 
possesses an interconnected groundwater system of global scale? 
First, the detection of groundwater at locations far removed from 
any obvious source of transient production, such as volcanoes or 

other active geothermal regions, would establish that Mars is 
both water-rich and that it possesses an inventory of H20 that 
significantly exceeds the pore volume of the cryosphere. Second, 
should it be found that the absolute elevation of the water table is 

the same at widely separated locations (disregarding local dif- 
ferences caused by recent tectonic activity, anomalous geother- 
mal heating, or prolonged deposition at the surface), it would 
strongly indicate that groundwater on Mars has hydrostatically 
adjusted on a global basis, a condition that can only be reached if 
the system is interconnected. If this last condition is actually 
observed, it will essentially confirm the single most important 
element of the model presented here, that Mars possesses an 
interconnected groundwater system of global extent. Since all the 
remaining elements of the model follow from this foundation, 
and from basic physics, the greatest remaining uncertainty will 
be the extent to which basal melting, groundwater flow, and the 
thermal transport of H20 in the crust, have competed with, or 
complemented, other processes in the transport of water above, 
across, or beneath the Martian surface. 

9. CONCLUSIONS 

The analysis presented here leads to the following conclu- 
sions: 

1. If the inventory of H20 on Mars exceeds by more than a 
few percent the quantity required to saturate the pore volume of 
the cryosphere, then a subpermafrost groundwater system of 
global extent will necessarily result. 

2. Under the climatic conditions that have prevailed through- 
out most of Martian geologic history, the inherent instability of 
equatorial ground ice has lead to a net atmospheric transport of 
H20 from the hot equatorial region to the colder poles. Theoreti- 
cal arguments and various lines of morphologic evidence suggest 
that this poleward flux of H20 has been augmented by additional 
releases of water resulting from impacts, catastrophic floods, and 
volcanism. 

3. Based on the conditions postulated in conclusion 1, the 
deposition and retention of material at the poles (or any other 
location) will eventually result in basal melting. The downward 
percolation of meltwater into the underlying global aquifer will 
then result in the rise of the local water table in the form of a 

groundwater mound. 
4. Given a geologically reasonable value of large-scale per- 

meability (i.e., •> 10 -2 darcies), the gradient in hydraulic head 
created by the development of groundwater mounds at both poles 
could drive the equatorward flow of a significant volume of 
groundwater (-> 108 km 3 H20 ) over the course of the planet's 
history. 

5. At equatorial and temperate latitudes, the presence of a 
geothermal gradient will result in a net discharge of the ground- 
water system as vapor is thermally pumped from the warmer 
(higher vapor pressure) depths to the colder (lower vapor pres- 
sure) near-surface crust. By this process a gradient as small as 
15 K km -I could drive the vertical transport of 1 km of water 
to the freezing front at the base of the cryosphere every 106- 
107 years, or the equivalent of a 102-103 km of water over the 
4.5 billion year history of the planet. In this manner, much of the 
ground ice that has been lost from the crust may ultimately be 
replenished. 

While particular aspects of the model presented in this paper 
may be debated (e.g., the actual porosity and permeability of the 
crust, the magnitude of polar deposition, etc.), the occurrence of 
subsurface transport on Mars is essentially contingent on a single 
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factor: does the present planetary inventory of H20 exceed, by 
more than a few percent, the quantity of water required to satur- 
ate the pore volume of the cryosphere? If so, then basic physics 
suggests that the hydrologic model described here will naturally 
evolve. Given a geologically reasonable description of the crust, 
the quantity of H20 transported through the subsurface may then 
play an important role in the geomorphic evolution of the Mar- 
tian surface and the long-term cycling of H20 between the atmos- 
phere, polar caps, and near-surface crust. 
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NOTATION 

radius of basal melting/recharge area, m. 
heat capacity of water, 2092 J kg -1 K -I. 
heat capacity of steam, 4186 J kg 4 K-l. 
volumetric heat capacity of impact melt, 4.2 x 106 J 

m-3 K4. 

bulk molecular diffusion coefficient of H20 in CO2, 
cm 2 s-l. 

transition diameter between simple and complex 
crater morphology,-6 km on Mars. 

effective diffusion coefficient of H20 in CO 2, cm 2 s4. 
final crater diameter, m. 

Knudsen diffusion coefficient of H20, cm 2 s -l. 
diameter of transient crater cavity, m. 
projectile kinetic energy, J. 
seismic energy, J. 
mean Martian acceleration of gravity, 3.71 m s-2. 
height above local datum, m. 
initial height of water table above local datum, m. 
central height of groundwater mound above local 

datum, m. 

= .5 (h + hi), weighted mean depth of saturation, m. 
polar deposit thickness required for basal melting, m. 
crustal permeability, m:. 
frozen permeability, m 2. 
porosity decay constant, 2820 m. 
latent heat of fusion of H2 ̧, 3.35 x 105 J kg-•. 
latent heat of vaporization of H20, 2.3 x 106 J kg-•. 

•rtI s tea rn 

œ 

steam mass transported by hydrothermal convection, 
kg m -2. 

Gutenberg-Richter magnitude of seismic event. 
molecular weight of H20, 0.018 kg mo14. 
total gas pressure, dynes cm -2. 
vapor pressure of H20, dynes cm -2. 
thermally induced liquid flux, m s-1 (per unit area). 
thermally induced vapor flux, m s -I (per unit area). 
= 2hah v, radial discharge through aquifer, m 3 s -l. 
frictional heat due to glacial sliding, W m-2. 
geothermal heat flux, W m -2. 
= • a 2 w, aquifer recharge volume, m 3 s4. 
heat content of impact melt, J m -2. 
radius, m. 

universal gas constant, 8.314 J mol-I K-l. 
water vapor gas constant, 461.9 J kg -I K -l. 
heat generation per unit volume of planet, W m-3. 
time, s. 

temperature, K. 
initial impact melt temperature, 1473 K. 
final impact melt temperature, K. 
melting point temperature, K. 
mean annual surface temperature, K. 
temperature interval over which steam is heated, K. 
temperature interval over which water is heated, K. 
= a2ved4kg h t. 
projectile impact velocity, m s4. 
aquifer specific discharge, m s-1. 
basal sliding velocity, m s-1. 
impact melt volume, km3. 
maximum volume of transient crater cavity, m 3. 
aquifer recharge rate, m 
well function for a nonleaky aquifer. 
depth, m. 
thickness, m. 

= h 2 _ hi2 , m 2. 
(= •pc), thermal diffusivity, m 2 s 4. 
empirical dimensionless factor [Cary, 1966], 1.83 + 

0.79. 
effective porosity. 
thermal conductivity, •h crustal porosity at a deptf :!• 1.00 -- 100%. 
collisional mean free path of an H20 molecule in the 

Martian atmosphere, - 10 gm. 
kinematic viscosity, m 2 s-•. 
density, kg m -3. 
basal shear stress, Pa. 

soil water potential, Pa. 
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